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Physical framework: Earth  
as a thermal system 

Structure of the Earth 
according to Kircher (1665) 
with an ancient sun cooling 
down at its center that 
produces volcanoes.



Modern view of the cooling of the Earth 

q = -k dT/dz (J/s/m2 = W/m2)  

k = thermal conductivity ~ 1 W/m/K

dT/dz = vertical temperature gradient = geotherm



Continental heat flux 

Jaupart & Mareschal



Oceanic heat flux 

Labrosse

from 50 mW/m2 (blue) to more than 500 mW/m2 (red)



Average heat flux ≈ 120 mW/m2

Total loss ≈ 46 1012 W



Quantitative estimate (present day) 

dE/ dt = M Cp dT/dt = S– P,

dT/dt = (S – P) / M Cp
�

Heat production = 30 TW
Loss = 46 TW

Cp = 1200 J/s/K
M = 6 1024 kg

  �

dT/dt ≈ -70 K/Ga

Rate  of variation of  energy = production - loss



Quantitative estimate (past) 

based on the composition of lava 



Implies a magmatic ocean at the surface of 
the early Earth following the giant impact 
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Heat transfer in the mantle: convection 

Forte

Rayleigh number = 
convection/diffusion =

ρ g α ΔT h3 / κ μ
>> 103 (Ra critique)

2532 A. M. Forte, J. X. Mitrovica and A. Espesset
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Figure 7. Dynamic upwelling mega-plumes in the lower mantle. A great-circle slice through
the tomographic model of Ekström & Dziewonski (1988). The trajectory of the great circle is
indicated by a yellow line in the inset map. The red triangles in this map identify the Hawaii,
Tahiti and Marquesas hotspots. The colour contours represent the relative perturbations in
seismic shear velocity identified by the coloured scale bar. The superimposed black arrows in
this cross-section represent the mantle-flow velocities (scale shown at bottom right) predicted
on the basis of geodynamically inferred mantle-density anomalies (dashed line, figure 4) and
viscosity profile (dashed line, figure 2). The location of the 670 km seismic discontinuity is
illustrated by the thin black circle superimposed on the velocity anomalies. (Adapted from
Gaboret et al . (2001).)

Phil. Trans. R. Soc. Lond. A (2002)



Surface expression of convection: 
plate tectonics 



Plate tectonics in the last 260 Ma 

Besse



Magma are mainly produced 
at plate boundaries 



Explosive eruptions: subduction zones 



Dome forming eruptions: subduction zones 



Lava flows: oceanic ridges 



Lava flows: hot spots 



Production of magma in the Earth mantle 



Partial melting: experiments 

Mantle = peridotite = Fo + Opx + Cpx + Gar 

620 IKUO KUSItIRO 

known, in addition to the thermal divides, for 
the reason mentioned above. 

The position of isobaric invariant points in 
the ternary systems forsterite (Mg•SiO,)-silica- 
X, where X represents monticellite (CaMgSiO,), 
nepheline (NaA1SiO,), spinel (MgAl•O,), and 
CaAl•04, was investigated in the pressure range 
from 7 to 40 kb and also by the experiments of 
Davis [1963], O'Hara [1963], Boyd and Eng- 
land [1964], Boyd et al. [1964], MacGregor 
[1964], and Yoder [1964]. (It should be noted 
that the system Mg•SiO,-CaAl•O,-SiO• is not 
ternary and that the system Mg•SiO,-NaA1SiO•- 
SiO• may not be ternary throughout the range 
of conditions considered, as shown later.) Al- 
though the positions of the invariant points 
and the liquidus relations of these four systems 
have not been determined precisely, the results 
obtained appear to be significant. 

On the basis of these results, the origin of 
different magmas of basaltic composition formed 
by the partial melting of the upper mantle is 
discussed here. As a possible mechanism of 
magma ascent in the upper mantle, 'partial 
zone melting' is proposed and compositional 
change in magmas ascending by the partial zone 
melting is also discussed on the basis of the 
present results. 

[PHASES AND THEIR COMPONENTS OF UPPER 

MANTLE MATERIALS 

Table 1 shows the phases and their com- 
ponents that are most probably present in the 
upper mantle; minor phases and components 
are ignored. They are based on the descriptions 
of garnet-peridotite inclusions in kimberlite and 
peridotite inclusions in basaltic rocks [Williams, 
1932; Ross et al., 1954; Sobolev, 1959; Wilshire 
a•d Binns, 1961; O'Hara and Mercy, 1963; 
Yamaguchi, 1964; Kuno, 1967]. Garnet-free 

peridotRe contains olivine, elinopyroxene, ortho- 
pyroxene, and spinel, and garnet-peridotite con- 
tains olivine, clinopyroxene, orthopyroxene, and 
garnet. The relative abundances of the com- 
ponents are, however, different between garnet- 
free and garnet-bearing peridotires. For example, 
the content of alumina or Mg-Tsehermak's 
component is smaller in orthopyroxene from 
garnet-peridotite inclusion in kimberlite than in 
orthopyroxene from garnet-free peridotitc in- 
clusions in basalts, as sho,wn by Banno et al. 
[1963] and O'Hara and Mercy [1963]. Green 
and Ringwood [1967] suggested that garnet- 
free peridotitc is stable down to at least 100 
km (~30 kb) and garnet peridotitc is stable 
below 100-120 km at near-solidus temperatures 
for 'pyrolite' composition. If these depth rela- 
tions are accepted, magmas would be formed 
from both garnet-free and garnet-bearing peri- 
dotires. 

If partial melting of the upper mantle takes 
place, the components in Table I enter into 
the magma fraction and the composition of 
magma is represented by a mixture of these 
components. ('Components' used in the follow- 
ing pages are those given in Table 1, if not 
otherwise mentioned.) If ineongruent melting 
of some constituent mineral or minerals takes 

place, other components such as those of nephe- 
line and SiO, may form and enter into the 
magma fraction. The composition of the magma 
depends, therefore, on the components that 
enter the magma fraction and their proportion. 

MAMMAS OF TI-IREE DIFFERENT COMPOSITIONS 

The systems Mg•SiO•-CaMgSiO,-SiO•, 
Mg•SiO,-NaA1SiO,-SiO•, Mg•Si0,-CaAl•04-Si0•, 
and Mg•SiO,-MgAl•O,-Si0• include the major 
components of minerals of the mantle perido- 
tires as listed in Table 1. In these systems, three 

TABLE 1. Phases, and Their Components, That Are Most Probably Present in the Upper Mantle 

Olivine Clinopyroxene Orthopyroxene Spinel Garnet 

MgeSiO 4 CaSiO 3 MgSiO 8 MgA120 4 Mg3AleSi80 • •. 
Fe eSiO 4 MgSiO a FeSiO a FeCr •.O 4 Fe aA1 eSiaO 1• 

FeSiO8 MgAl•SiO6 Ca•Al•Si•O1• 
NaFeSi•O6 
NaA1Si•O• 
CaTiAI•O• 
CaAI•SiO• 



Partial melting: experiments 

MAGMAS FORMED BY PARTIAL ZONE MELTING 

TABLE 3. Results of the Runs in the System Forsterite-CaAl•.O4-Silica 
Starting materials for all the runs are glass crystallized at i arm. 
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Pressure, 
kb 

Temperature, Time, 
øC rain Results 

15 

15 

18 

20 
20 

20 

20 

20 
24 

24 

24 

26 
26 

Di 35 pyrope 65 in weight per cent (DP-65) 

1500 

1440 
1390 

1600 
1560 
1520 

1480 
1440 
1600 

1560 
1500 
1625 

1580 

20 

30 
60 
10 
15 
20 
40 
40 
10 
20 
30 
10 
20 

F o in glass 
Cpx, Opx, and Fo with rare glass 
Crystalline, Cpx, Opx, and Gar 
Glass 

Fo and rare quench crystals in glass 
Fo, Opx, and Cpx in glass 
Cpx, Opx, and Sp 
Crystalline, Cpx, Opx, and Gar? 
Rare Fo and quench crystals in glass 
Fo, Opx, and Cpx in glass 
Crystalline, Cpx, Opx, and Gar 
Quench crystals in glass 
Fo, Opx, and Cpx in glass 

En 60 An 40 in weight per cent (EAN-40) 

8.5 1470 16 
10 1490 15 
11 1490 20 
13 1500 20 
15 1550 10 
15 1525 15 
15 1500 20 

Fo and rare quench crystals in glass 
Rare Opx in glass 
Opx, rare Fo, and quench crystals in glass 
Opx in glass 
Glass 

Opx in glass 
Opx in glass 

formation of the magmas of each composition 
can be shown as a total of the possibilities for 
each composition. Consequently, the possibili- 
ties are summarized in the lowest line of the 

figure. Basalt magmas are usually believed to be 
generated below about 40 km, and, therefore, 
the depth range deeper than about 40 km is 
considered. The depth range where basalt 
magmas are generated depends on the geotherm. 
The depth of 40 km is a possible upper limit 
in the area where the geotherm is extremely 
high. Thus, the basalt magmas of composition 
A can be generated in the mantle below about 
40 km, but shallower than about 100 km; those 
of composition B, from 40 km to at least 130 
km; those of composition C, below 100 km. 
However, the systems referred to in the present 
paper do not contain iron and minor elements. 
Therefore, the absolute values of the depth 
range for producing different magmas may be 
ehange'd by the introduction of other elements. 
It is suggested, however, that more siliea- 
undersaturated magmas are produced at deeper 
levels than are less siliea-undersaturated mag- 

mas by the partial melting of the mantle perido- 
titc. 

The compositions of the magmas also change 
by the degree of partial melting of the mantle 
peridotites. It is expected that the compositions 
become Mg2SiO• (and MgSiOo) rich with in- 
creasing degree of partial melting of peridotires 

1600 
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1400 

DP-65 L ,_, Opx + L••-""• 
_ [] u.... 

"" '"' Fo+L .•.• • 

•.• ..•_•.•/I..E•- •Fo+Opx+Cpx+L. 1 
• FFt • [] MOpx+Cpx+Sp+L / 

• / [] Opx+ Cpx+Gor 
Opx + cpx + / 
SP +An I / I I I 

15 20 25 30 

Pressure, kb 

Fig. 8. Results of runs on composition DP-65 
(Di 35 pyrope 65 in weight per cent). Abbrevia- 
tions: Cpx, clinopyroxene (diopside solid solu- 
tion); Gar, garnet (pyrope-grossularite series); 
Sp, spinel; other abbreviations as in Figure 5. 
Circles are data by O'Hara [1963]. 

Kushiro



Partial melting: geotherm and solidus 

Melting by decompression 



Partial melting: geotherm and solidus 

Melting due to addition of water 



Partial melting: e.g. under a ridge 

Mc Kenzie

Thermodynamics and major-element 
chemistry 

Melting of mantle materials depends on 
pressure and temperature, and must therefore 
satisfy conservation of energy, which can be 
written as ( McKenzie, 1984): 

(1-O)Ps c; Dt ps Dt J 

F fDfT 0~fTDfP 1 
+ OPfL c p --~ Pf ~-[ 3 + TASF 

=V.(kTVT) + dp+H (8a) 

where 

~f¢2 
( u - U )  2 + 

2 ] 2 
-2 k Oxi Ox~ 5 A*~'i (8b) 

Equation (8a) contains a new dependent vari- 
able, the temperature T, which is assumed to be 
the same for the melt and the matrix. The oper- 
ators Df/Dt and DdDt are convective time 
derivatives which represent the rate of change 
of a quantity ( T or P)  following the motion of 
the melt and the matrix, respectively (Table 1 ). 
The terms proportional to af and ~ represent 
temperature changes due to adiabatic 
decompression. The term TASF represents 
production of entropy due to melting, and is 
similar to the usual latent heat term for melting 
at constant pressure. The terms on the RHS of 
eqn. (8a) represent dissipative effects, and are 
zero if entropy is conserved following the 
motion. The first term represents diffusion of 
heat in the melt and the matrix. The second 
term O, defined in eqn. (8b), represents the 
production of heat by internal friction within 
the melt and the matrix, or viscous dissipation. 
This term is written in a tensor notation which 
implies summation over the repeated indices i 
and j ( i, j = 1, 2, 3 ), where gij = 0 if i Cj  and 1 if 
i=j .  The final term H is the rate of internal heat 
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Fig. 4. Variation of temperature with depth ! heavy solid 
lines) for rock upwelling at constant entropy, after 
McKenzie (1984). Fine lines connect points for which melt 
fraction ~ is constant. Temperatures marking the heavy 
lines are those at  which they cross the  solidus. 

generation by such mechanisms as radioactive 
decay. 

McKenzie (1984) has obtained a solution to 
equation (8a) for melting by pressure-release 
at constant entropy. He simplified the problem 
by assuming that  the velocities of the melt and 
the matrix are equal, whereupon (8a) reduces 
to a relation between changes in pressure, tem- 
perature, and mass fraction X of melt present. 
The resulting equation can be solved for T and 
X as a function of depth if an additional empir- 
ical relationship X = X (  T, P) is specified. Fig- 
ure 4 shows profiles of temperature vs. depth 
when X is a linear function of T and P. 
Unmelted mantle material ascends along a 
"dry" adiabat until it reaches its solidus, where 
melting begins. Above this depth, the material 
ascends along a steeper "wet" adiabat whose 
slope is determined by the entropy change of 
melting (latent heat).  The absorption of latent 
heat buffers the temperature of the ascending 
material, so that  temperature differences of 
100 ° between adiabats below the solidus are 
reduced to 50 ° or less above the solidus. 
McKenzie (1984) shows that  the amount  of 
melting and the eruption temperature pre- 
dicted by this model are consistent with obser- 
vations from Hawaii and mid-ocean ridges. 

The main shortcoming of the simple isen- 
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Fig. 2. Model for melt extraction at a ridge crest, after Spie- 
gelman and McKenzie (1987). Flow of partially molten 
material under the ridge is forced by divergence of surface 
plates at velocity U,,. Representative streamlines of matrix 
{ solid lines) and melt (dashed lines) are shown. 

a region of "uniform fluidization" in which the 
porosity is constant and Darcy's Law is valid. 
For the more realistic case of distributed melt- 
ing, no compaction boundary layer exists, and 
Darcy's Law is valid everywhere in the melt 
zone. In this model, therefore, melt segregation 
is controlled by the buoyancy and viscosity of 
the melt, and not by the viscosity of the matrix. 

In both of the one-dimensional models 
described above, melt segregation is driven 
solely by the buoyancy of the melt. This is not 
necessarily the case for more realistic two- 
dimensional models, however. Figure 2 shows a 
model for melt extraction at a ridge crest ( Spie- 
gelman and McKenzie, 1987). In this model, the 
flow of the partially molten material beneath 
rigid plates is forced by the divergence of these 
plates at velocity /-To. For simplicity, however, 
Spiegelman and McKenzie assume that  no 
melting is occurring ( F = O )  and that  the 
porosity ~--~o is constant. These assumptions 
allow a simple analytical solution to be obtained 
in the form of a "corner flow" (Batchelor, 1967, 
p. 224 ). The essential feature of all corner flows 
is that  the nonhydrostatic pressure gradient 
becomes infinitely negative at the corner 
because the boundary conditions are discontin- 
uous there. Figure 2 shows representative 
streamlines for the matrix (solid lines ) and the 
melt (dashed lines), and indicates how the large 
nonhydrostatic pressure gradients near the 
corner affect melt migration. Melt which orig- 

.~(~(d) w(d) 't' 

l Wo 

z = d  

z=o 

Fig. 3. Stagnation-point flow model for melt extraction from 
a mantle plume, after Ribe and Smooke (1987). Unmelted 
mantle material ascends at constant velocity Wo and begins 
melting at depth z = 0. Extraction of melt is modelled as a 
horizontally uniform flux ¢ ( d ) w ( d )  through z=d. Rep- 
resentative streamlines for the matrix (solid lines) and the 
melt (dashed lines) are shown. 

inates far from the center of the upwelling 
(streamline C) moves outward as it ascends, 
and eventually reaches the bottom of the plate. 
Melt which originates closer to the center 
(streamlines A and B),  however, is sucked 
inward by the nonhydrostatic pressure gradient 
and is extracted at the ridge axis. This result 
provides an explanation for how melts gener- 
ated over a wide upwelling region can be erupted 
in a narrow band at the ridge axis. The novel 
feature of this model is that  the nonhydrostatic 
pressure gradient is a driving force and not a 
resisting force: the rate of melt extraction 
increases with increasing matrix viscosity. In 
fact, melt extraction will occur in this model 
even if the buoyancy of the melt is zero; nonzero 
buoyancy merely increases the extraction rate. 
Spiegelman and McKenzie estimate that  the 
matrix viscosity ~/~ must be at least 10~°-1021 Pa 
s to provide a melt extraction rate sufficient to 
produce 6 km of basaltic crust. 

Ribe and Smooke (1987) have studied a two- 
dimensional model for melt extraction from a 
mantle plume (Fig. 3). Mantle material ascends 
at constant velocity Wo and begins melting by 
pressure-release at z =  O. The flow above this 
depth has the form of a stagnation point flow, 



Melt circulation = compaction 



Theory of compaction in viscous mantle 

Compaction of partially molten zones 489 

T 

Figure 1. Schematic diagram of I-D compaction model with localized melting. Material rises at velocity 
U , ,  and a volume fraction a,, melts at z = 0. Above this level, melt and matrik ascend at  velocities w and 
W, respectively. Porosity CJ decreases upwards due to effects of compaction. 

conservation of momentum for the matrix: 

77f @2 dP 

ka dz 
0=-(1-@)p,gt-((w- W)-(l-@)-+ (4) 

The dependent variables in (1)-(4) are the melt velocity w, the matrix velocity W, tlie 
volume fraction (porosity) @ occupied by the melt, the melt pressure P, and the rate r of 
mass transfer per unit volume from the matrix to the melt. The subscripts f and s refer to the 
melt and the matrix, respectively; p is the density, g is the gravitational acceleration, k,#, is 
the permeability of the matrix, 77 is the shear viscosity, and { is the bulk viscosity. The 
assumptions made in deriving (1)-(4) are discussed in detail by McKenzie (1984). In (1) and 
( 2 ) ,  r is an inhomogeneous or ‘source’ term which balances the net outflow of melt or matix 
from a given volume. Equation (3) is the strict form of Darcy’s law, which states that the 
velocity of the melt relative to the matrix is proportional to the effective pressure gradient. 
The last term in (4) is the ‘compaction’ term, which describes the deformation of the matrix. 
For simplicity, the viscosities rs and vs have been assumed constant (see McKenzie 1984). 

Equations (3) and (4) can be combined by eliminating dP/dz, yielding 

where A p  = ps - pf. Equation (5) shows that melt segregation is governed by a balance of 
three forces: the differential buoyancy of the melt, the resistance to flow of melt through 
the matrix (Darcy resistance), and the resistance of the matrix to deformation (compaction 
term). In certain cases, the compaction term can be ignored, and the flow is determined by a 

balance of 3 forces : 

relative melt buoyancy 

melt viscous resistance to flow 

viscous resistance of matrix to deformation 



Scaling analysis 
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balance between differential buoyancy and Darcy resistance, which I shall call simply 
‘Darcy’s law’. 

Equations (l) ,  (2) and (5) contain four unknowns: w, W, @ and r. It is therefore neces- 
sary to specify r in order to close the problem. For the model described above, in which a 
volume fraction Go melts at z = 0, the appropriate relation is 

r = pS uo@o~ ( z )  ( 6 )  

where F ( z )  is the Dirac delta function. Substitution of (6) into ( I )  and integration across 
z = 0 subject to the condition $ ( z  < 0) = 0 yields a relation for conservation of the fusible 
component : 

@OPsUo= 4P fW.  (7) 

Elimination of r between (1 )  and (2) and integration subject to the additional condition 
W ( 0 )  = Uo yields a relation describing conservation of total mass: 

@PfW + (1 - @ ) p , W =  P,UO. (8) 

To complete the formulation of the problem, the dependence of the matrix permeability 
k ,  on the porosity 4 must be specified. A suitable relation is 

k@ = CaZ@ (9 1 
where a is the characteristic grain size and C and n are constants. Equation (9) with IZ = 3 is 
similar to the Blake-Kozeny-Carman equation (Dullien 1979). Substitution of (7), (8) and 
(9) into (5) yields 

0 = - (1 - $ ) g a p  + 

4 d 2  1 
+ (1 - $0) uo ( 5‘s + - 3 77s )d> ( l q ) ‘  

To avoid unnecessary complications in solving (lo), I assume that @o< 1 (which implies 
@ Q l ) ,  and that ps= pf = p everywhere except in the first term of (10) (Boussinesq 
approximation). Equation (1 0) then becomes 

Now introduce dimensionless variables 

4’ = @/@o 

z’ = z /  [k,(r, + 4r),!3)1 1’2 = z/F, 
77f 

where ko= Ca2& and 6, is a characteristic length scale for compaction (‘compaction length’; 
McKenzie 1984). Substitution of (12) into (1 1) yields (dropping primes) 

d2$ I - #  -+-- - R  
dz2 41‘‘ 

490 N. M. Ribe 

balance between differential buoyancy and Darcy resistance, which I shall call simply 
‘Darcy’s law’. 

Equations (l) ,  (2) and (5) contain four unknowns: w, W, @ and r. It is therefore neces- 
sary to specify r in order to close the problem. For the model described above, in which a 
volume fraction Go melts at z = 0, the appropriate relation is 

r = pS uo@o~ ( z )  ( 6 )  

where F ( z )  is the Dirac delta function. Substitution of (6) into ( I )  and integration across 
z = 0 subject to the condition $ ( z  < 0) = 0 yields a relation for conservation of the fusible 
component : 

@OPsUo= 4P fW.  (7) 

Elimination of r between (1 )  and (2) and integration subject to the additional condition 
W ( 0 )  = Uo yields a relation describing conservation of total mass: 

@PfW + (1 - @ ) p , W =  P,UO. (8) 

To complete the formulation of the problem, the dependence of the matrix permeability 
k ,  on the porosity 4 must be specified. A suitable relation is 

k@ = CaZ@ (9 1 
where a is the characteristic grain size and C and n are constants. Equation (9) with IZ = 3 is 
similar to the Blake-Kozeny-Carman equation (Dullien 1979). Substitution of (7), (8) and 
(9) into (5) yields 

0 = - (1 - $ ) g a p  + 

4 d 2  1 
+ (1 - $0) uo ( 5‘s + - 3 77s )d> ( l q ) ‘  

To avoid unnecessary complications in solving (lo), I assume that @o< 1 (which implies 
@ Q l ) ,  and that ps= pf = p everywhere except in the first term of (10) (Boussinesq 
approximation). Equation (1 0) then becomes 

Now introduce dimensionless variables 

4’ = @/@o 

z’ = z /  [k,(r, + 4r),!3)1 1’2 = z/F, 
77f 

where ko= Ca2& and 6, is a characteristic length scale for compaction (‘compaction length’; 
McKenzie 1984). Substitution of (12) into (1 1) yields (dropping primes) 

d2$ I - #  -+-- - R  
dz2 41‘‘ 



Scaling analysis 

490 N. M. Ribe 

balance between differential buoyancy and Darcy resistance, which I shall call simply 
‘Darcy’s law’. 

Equations (l) ,  (2) and (5) contain four unknowns: w, W, @ and r. It is therefore neces- 
sary to specify r in order to close the problem. For the model described above, in which a 
volume fraction Go melts at z = 0, the appropriate relation is 

r = pS uo@o~ ( z )  ( 6 )  

where F ( z )  is the Dirac delta function. Substitution of (6) into ( I )  and integration across 
z = 0 subject to the condition $ ( z  < 0) = 0 yields a relation for conservation of the fusible 
component : 

@OPsUo= 4P fW.  (7) 

Elimination of r between (1 )  and (2) and integration subject to the additional condition 
W ( 0 )  = Uo yields a relation describing conservation of total mass: 

@PfW + (1 - @ ) p , W =  P,UO. (8) 

To complete the formulation of the problem, the dependence of the matrix permeability 
k ,  on the porosity 4 must be specified. A suitable relation is 

k@ = CaZ@ (9 1 
where a is the characteristic grain size and C and n are constants. Equation (9) with IZ = 3 is 
similar to the Blake-Kozeny-Carman equation (Dullien 1979). Substitution of (7), (8) and 
(9) into (5) yields 

0 = - (1 - $ ) g a p  + 

4 d 2  1 
+ (1 - $0) uo ( 5‘s + - 3 77s )d> ( l q ) ‘  

To avoid unnecessary complications in solving (lo), I assume that @o< 1 (which implies 
@ Q l ) ,  and that ps= pf = p everywhere except in the first term of (10) (Boussinesq 
approximation). Equation (1 0) then becomes 

Now introduce dimensionless variables 

4’ = @/@o 

z’ = z /  [k,(r, + 4r),!3)1 1’2 = z/F, 
77f 

where ko= Ca2& and 6, is a characteristic length scale for compaction (‘compaction length’; 
McKenzie 1984). Substitution of (12) into (1 1) yields (dropping primes) 

d2$ I - #  -+-- - R  
dz2 41‘‘ 

Compaction of partially molten zones 49 1 

Table 1. Notation. 

Symbol 

a 
C 
f 
g 
h 

k@ 
k ,  
P 
R 
s 

uo 
W 

W 
z 
r 
ro 

Meaning 

Particle radius 
Constant in (9) (McKenzie 1984) 
Subscript; refers to melt 
Gravitational acceleration 
Scale height for melt production 
Permeability of matrix (McKenzie 1984) 
= Ca2@y reference permeability 
Melt pressure 
Dimensionless buoyancy of melt (13b) 
Subscript; refers to matrix 
Mantle upwelling velocity 
Vertical velocity of melt 
Vertical velocity of inatriv 
Vertical coordinate 
Rate of mass transfer from matrix to melt 
Characteristic scale for mass transfer 

Compaction length (McKenzie 1984) 
Reduced compaction length (18) 
= a u/ax + a w/az; expansion rate of matrix 
Bulk viscosity of matrix (McKenzie 1984) 
Shear viscosity of matrix (McKenzie 1984) 
Shear viscosity of melt 
Density 
Density of melt 
Density of matrix 
Porosity of matrix 
Reference porosity 
Uniform fluidization porosity 

(Ribe 1985) 

Value 

lo-' 
1 o - ~ -  10- 

Dimensions 

m 
None 
None 

9.81 in s- 
04- I 0' 111 

0-' i- 10- ' m' 
ni 
Pa 

01-10' None 
None 

0-9- lo-" m s-' 
m s-' 
in s-' 
in 
kgm-' 8 '  

10- 1000 
10-100 

2.8 X 10' 
3.3 X 10' 

0.03-0.1 

kg m-3 s-' 

in 

m 
s- I 

Pa s 
Pa s 
Pa s 
kg m-' 
kgm-' 
kg rn-' 
None 
None 
None 

(13b) 

is a dimensionless buoyancy. Substitution of appropriate values for the Earth's mantle 
(Table 1)  into (13b) shows that R - 10-1000. 

The appropriate boundary conditions for (1 3) can be determined as follows. The 
viscosity of the matrix is finite, so compaction of a material element of the matrix occurs 
gradually as it ascends beyond z = 0. At z = 0, no compaction has yet occurred, so @ = q0 
there. As z + 00, however, compaction nears completion, and @ is determined by a balance of 
the first two terms of (1 1) (Darcy's law). The dimensionless boundary conditions for (13) 
are therefore (dropping primes) 

@ ( O )  = 1 (14a) 

The problem defined by (13) and (14) can be solved by defining d@/dz = F, whereupon 
(1 3a) becomes 

dF @ - I  

d @  Gn 
F -  = R +-. 
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Integration of (15) subject to (14) gives 

2-n 1 - n  

1 

where 

@(9- +. @(-)’-“ 
A = - R@(m) - 

2 - n  1 - n  

Numerical evaluation of (16) gives z as a function of @ in the partially molten zone. The 
results are shown for several values of the buoyancy R in Figs 2(a) (n = 3 )  and 2(b) (n = 5 ) .  
Compaction is confined to a boundary layer (‘compaction layer’) whose thickness decreases 
with increasing R. Above this layer, the porosity @ has a constant value @(w) defined by 
(14b). This state is known as ‘uniform fluidization’, and corresponds to a balance of buoy- 
ancy and Darcy resistance such that the porosity is constant. Fig. 2(a, b) shows that increas- 
ing the value of n from 3 to 5 changes the value of @(m) but has no effect on the thickness 
of the compaction layer. This is because the Darcy resistance term is negligible in the 
boundary layer, whose thickness is determined by a balance of buoyancy and compaction. 
In the limit R + 00, 

d@ 

dz 
- ( z = O ) - - r n  ( 1  7) 

which indicates that the thickness of the boundary layer decreases as R-”’. The (dimensional) 
thickness of the compaction layer is therefore given to order of magnitude by the ‘reduced 
compaction length’ 

Substitution of the appropriate values from Table 1 shows that 6~ - 10-100 m. This range 
of values is consistent with Ahern & Turcotte’s (1979) estimate that a partially molten 

10 

0 8  

0 6  

Z/S, 

0.4 

0 2  

o o  
t 

(a) 

- 

00 

100 

.. 
0 0  0 2  0 4  06 0 8  10 

(b)  +/% 
Figure 2. Porosity profiles for the localized melting model with (a) n = 3 and (b) n = 5. Quantities n, 6,, 
Q0 and R are defined in the text. Compaction is confined to a boundary layer (‘compaction layer’) of 
thickness 6~ = R-”26,. Dashed line shows @ ( - ) / Q 0  for R = 1. @ (-) - @ ( z  = 6,) for other values of R. 
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Compaction occurs over a length ≈ 0.1/1 km 

then melt flows according to Darcy’s law 
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partial melting will be distributed in an inter- 
connected network along the grain edges of the 
residual crystals if the angle between two crys- 
tal faces in equilibrium with liquid (dihedral 
angle) is less than 60°. The average dihedral 
angle is observed to be about 45 ° in experi- 
ments on partially molten basalts (Waft and 
Bulau, 1979, 1982; Watson, 1982). Moreover, 
Watson (1982) has shown that an olivine-pla- 
gioclase melt will infiltrate the grain edges of a 
dry olivine aggregate with which it is in contact. 
These lines of evidence indicate that crystalline 
material containing a small amount of melt can 
be regarded as a porous medium or "matrix" 
which is saturated with fluid ("melt").  Migra- 
tion of melt through the matrix is driven by 
pressure gradients produced by the buoyancy of 
the melt or the deformation of the matrix. 

The flow of a fluid through a porous medium 
is commonly described by an empirical formula 
known as Darcy's Law, which states that the 
velocity of the fluid relative to the matrix is pro- 
portional to the effective pressure gradient. If 
the fluid is less dense than the matrix, the pres- 
sure gradient is provided by the differential 
buoyancy gap of the fluid, and Darcy's Law can 
be written as: 

u-U =k°gAp (1) 

where u and Uare the velocities of the melt and 
the matrix, respectively, • is the porosity of the 
matrix, qf is the viscosity of the melt, and ko is 
the permeability of the matrix. Darcy's Law has 
often been used to model melt migration in the 
mantle (Frank, 1968; Turcotte and Ahem, 1978; 
Walker et al., 1978; Ahern and Turcotte, 1979; 
Stolper et al., 1981). Sleep (1974) and 
McKenzie (1984), however, have noted that 
Darcy's Law may not provide an adequate 
description of melt segregation because it does 
not take into account the mechanical proper- 
ties of the matrix. Extraction of melt from a 
partially molten rock must be accompanied by 
a corresponding deformation of the matrix. The 
extraction rate may therefore be controlled by 

the viscosity of the matrix: it is easier to squeeze 
water out of a sponge than out of a brick, for 
example. Darcy's Law alone does not account 
for this effect, and a more rigorous theory of 
melt segregation is therefore required. 

Such a theory is provided by the theory of 
"two-phase" flows, in which two distinct mate- 
rials (phases) undergo simultaneous deforma- 
tion while exchanging mass, momentum and 
energy with one another. Such flows are quite 
common in engineering applications, and a 
consistent theory for them has been available 
for over 25 years (e.g., Truesdell and Toupin, 
1960). In this theory, the two materials in ques- 
tion are regarded as interpenetrating fluids. The 
equations describing the flow are obtained by 
writing down conservation laws for mass, 
momentum and energy for each fluid sepa- 
rately, using a procedure of volume-averaging 
which effectively filters out details of the flow 
at the pore-diameter scale. Variations in the 
proportions of the two fluids in the mixture are 
accounted for by weighting each equation by the 
local mass fraction of the fluid in question. Each 
equation also contains an "interaction" term to 
account for transfer of mass, momentum or 
energy from one fluid to the other. 

The first attempt to apply this theory to melt 
segregation was that of Sleep (1974), who 
modelled the melt and the matrix as Newtonian 
fluids having different viscosities. A more com- 
plete derivation of the equations governing two- 
phase flow has recently been given by McKenzie 
(1984), based in part on earlier work of Drew 
(1971). Similar equations have been derived 
using different approaches by Scott and Ste- 
venson (1984, 1986) and Fowler (1985). In this 
review I discuss the equations of McKenzie 
(1984) and some of the solutions to them which 
have been obtained over the past three years. It 
is convenient to divide the exposition into three 
parts corresponding to the three major aspects 
of the melt segregation problem: (a) mechan- 
ics; (b) thermodynamics and major-element 
chemistry; and (c) trace-element and isotope 
geochemistry. 



Model refinement: chemistry 

Chemical reaction (dissolution of cpx)  
focuses the melt in x10m channels 

specified using the constraint that the maximum
melt velocity at the top of the column is 50 times
faster than the solid upwelling velocity. Conserva-
tion of mass in steady state then requires that the
maximum porosity at the top of the column is f0 =
Fmax/50 = 0.2% [see Spiegelman and Elliott,
1993]. The same solution would be found by

specifying a permeability that varies as kf = k0f2

with a prefactor

k0 ¼
50W0m
f0Drg

:

For f0 = 0.002, upwelling velocity "3 cm yr#1 and
melt buoyancy Drg/m = 5000 (ms)#1, the maximum
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Figure 4. Evolution of porosity and chemical signatures of two upwelling models, with and without reactive
dissolution. Distances are scaled to the height of the melting column and dimensionless time is scaled to the time it
takes melt to cross the column at the melt reference velocity w0 (a) Solid decompression melting but no reaction
(Da = 0 [see Spiegelman et al., 2001]). The porosity rapidly evolves to a steady state with uniform porosity at any
height z and maximum porosity fmax = 0.002. The maximum degree of melting is 10% and the maximum ratio of
melt velocity to solid velocity is w0/W0 = 50 (b) The same problem but with reactive flow (Da = 320, Pe = 160). For
this problem quasi-steady state channels form rapidly with maximum porosity "0.008. The porosity between the
channels, however, has compacted to a very small value "0.0002 making the interchannel region nearly impermeable
to deeper melts. (c) Chemical signature of trace elements sampled at the top of the column with no reaction (Figure
4a) at time t = 50. The black lines show concentration of each tracer relative to source for each melt that exits the box
(they are all the same in this problem). The red dashed line is the analytic solution for a 10% batch melt. (d) Chemical
signature of channelized flow. The blue curves show the distribution of melt concentrations produced by the run in
Figure 4b at t = 50. These curves have been sampled out of the probability distribution determined by the melt flux
(i.e. compositions with large fluxes are sampled more often than those with small fluxes). The black curve is the mean
of all compositions at the top of the box and the red dashed curve is the analytic solution calculated for the mean
degree of melting at the top of the box (here around 14%). (Because of reactive dissolution, the maximum degree of
melting for this problem is greater than the 10% in Figure 4a). Note that while the mean concentration is similar to
that in Figure 4a, the range of compositional variation is extreme.
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Melt propagation in the rigid lithosphere 
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T 

Figure 1. Schematic diagram of I-D compaction model with localized melting. Material rises at velocity 
U , ,  and a volume fraction a,, melts at z = 0. Above this level, melt and matrik ascend at  velocities w and 
W, respectively. Porosity CJ decreases upwards due to effects of compaction. 

conservation of momentum for the matrix: 

77f @2 dP 

ka dz 
0=-(1-@)p,gt-((w- W)-(l-@)-+ (4) 

The dependent variables in (1)-(4) are the melt velocity w, the matrix velocity W, tlie 
volume fraction (porosity) @ occupied by the melt, the melt pressure P, and the rate r of 
mass transfer per unit volume from the matrix to the melt. The subscripts f and s refer to the 
melt and the matrix, respectively; p is the density, g is the gravitational acceleration, k,#, is 
the permeability of the matrix, 77 is the shear viscosity, and { is the bulk viscosity. The 
assumptions made in deriving (1)-(4) are discussed in detail by McKenzie (1984). In (1) and 
( 2 ) ,  r is an inhomogeneous or ‘source’ term which balances the net outflow of melt or matix 
from a given volume. Equation (3) is the strict form of Darcy’s law, which states that the 
velocity of the melt relative to the matrix is proportional to the effective pressure gradient. 
The last term in (4) is the ‘compaction’ term, which describes the deformation of the matrix. 
For simplicity, the viscosities rs and vs have been assumed constant (see McKenzie 1984). 

Equations (3) and (4) can be combined by eliminating dP/dz, yielding 

where A p  = ps - pf. Equation (5) shows that melt segregation is governed by a balance of 
three forces: the differential buoyancy of the melt, the resistance to flow of melt through 
the matrix (Darcy resistance), and the resistance of the matrix to deformation (compaction 
term). In certain cases, the compaction term can be ignored, and the flow is determined by a 

balance of 3 forces : 

relative melt buoyancy (ρ decreases upward) 

(non viscous) resistance of rocks 
to deformation 

melt viscous resistance to flow 

non viscous
deformation

of matrix







Cooling and crystallization 
in magmatic reservoirs 



Reminder: Experiments on partial melting 

Peridotite = Olivine + Pyroxene + Plagioclase 

620 IKUO KUSItIRO 

known, in addition to the thermal divides, for 
the reason mentioned above. 

The position of isobaric invariant points in 
the ternary systems forsterite (Mg•SiO,)-silica- 
X, where X represents monticellite (CaMgSiO,), 
nepheline (NaA1SiO,), spinel (MgAl•O,), and 
CaAl•04, was investigated in the pressure range 
from 7 to 40 kb and also by the experiments of 
Davis [1963], O'Hara [1963], Boyd and Eng- 
land [1964], Boyd et al. [1964], MacGregor 
[1964], and Yoder [1964]. (It should be noted 
that the system Mg•SiO,-CaAl•O,-SiO• is not 
ternary and that the system Mg•SiO,-NaA1SiO•- 
SiO• may not be ternary throughout the range 
of conditions considered, as shown later.) Al- 
though the positions of the invariant points 
and the liquidus relations of these four systems 
have not been determined precisely, the results 
obtained appear to be significant. 

On the basis of these results, the origin of 
different magmas of basaltic composition formed 
by the partial melting of the upper mantle is 
discussed here. As a possible mechanism of 
magma ascent in the upper mantle, 'partial 
zone melting' is proposed and compositional 
change in magmas ascending by the partial zone 
melting is also discussed on the basis of the 
present results. 

[PHASES AND THEIR COMPONENTS OF UPPER 

MANTLE MATERIALS 

Table 1 shows the phases and their com- 
ponents that are most probably present in the 
upper mantle; minor phases and components 
are ignored. They are based on the descriptions 
of garnet-peridotite inclusions in kimberlite and 
peridotite inclusions in basaltic rocks [Williams, 
1932; Ross et al., 1954; Sobolev, 1959; Wilshire 
a•d Binns, 1961; O'Hara and Mercy, 1963; 
Yamaguchi, 1964; Kuno, 1967]. Garnet-free 

peridotRe contains olivine, elinopyroxene, ortho- 
pyroxene, and spinel, and garnet-peridotite con- 
tains olivine, clinopyroxene, orthopyroxene, and 
garnet. The relative abundances of the com- 
ponents are, however, different between garnet- 
free and garnet-bearing peridotires. For example, 
the content of alumina or Mg-Tsehermak's 
component is smaller in orthopyroxene from 
garnet-peridotite inclusion in kimberlite than in 
orthopyroxene from garnet-free peridotitc in- 
clusions in basalts, as sho,wn by Banno et al. 
[1963] and O'Hara and Mercy [1963]. Green 
and Ringwood [1967] suggested that garnet- 
free peridotitc is stable down to at least 100 
km (~30 kb) and garnet peridotitc is stable 
below 100-120 km at near-solidus temperatures 
for 'pyrolite' composition. If these depth rela- 
tions are accepted, magmas would be formed 
from both garnet-free and garnet-bearing peri- 
dotires. 

If partial melting of the upper mantle takes 
place, the components in Table I enter into 
the magma fraction and the composition of 
magma is represented by a mixture of these 
components. ('Components' used in the follow- 
ing pages are those given in Table 1, if not 
otherwise mentioned.) If ineongruent melting 
of some constituent mineral or minerals takes 

place, other components such as those of nephe- 
line and SiO, may form and enter into the 
magma fraction. The composition of the magma 
depends, therefore, on the components that 
enter the magma fraction and their proportion. 

MAMMAS OF TI-IREE DIFFERENT COMPOSITIONS 

The systems Mg•SiO•-CaMgSiO,-SiO•, 
Mg•SiO,-NaA1SiO,-SiO•, Mg•Si0,-CaAl•04-Si0•, 
and Mg•SiO,-MgAl•O,-Si0• include the major 
components of minerals of the mantle perido- 
tires as listed in Table 1. In these systems, three 

TABLE 1. Phases, and Their Components, That Are Most Probably Present in the Upper Mantle 

Olivine Clinopyroxene Orthopyroxene Spinel Garnet 

MgeSiO 4 CaSiO 3 MgSiO 8 MgA120 4 Mg3AleSi80 • •. 
Fe eSiO 4 MgSiO a FeSiO a FeCr •.O 4 Fe aA1 eSiaO 1• 

FeSiO8 MgAl•SiO6 Ca•Al•Si•O1• 
NaFeSi•O6 
NaA1Si•O• 
CaTiAI•O• 
CaAI•SiO• 

plagioclase



Partial melting: experiments 

MAGMAS FORMED BY PARTIAL ZONE MELTING 

TABLE 3. Results of the Runs in the System Forsterite-CaAl•.O4-Silica 
Starting materials for all the runs are glass crystallized at i arm. 

629 

Pressure, 
kb 

Temperature, Time, 
øC rain Results 

15 

15 

18 

20 
20 

20 

20 

20 
24 

24 

24 

26 
26 

Di 35 pyrope 65 in weight per cent (DP-65) 

1500 

1440 
1390 

1600 
1560 
1520 

1480 
1440 
1600 

1560 
1500 
1625 

1580 

20 

30 
60 
10 
15 
20 
40 
40 
10 
20 
30 
10 
20 

F o in glass 
Cpx, Opx, and Fo with rare glass 
Crystalline, Cpx, Opx, and Gar 
Glass 

Fo and rare quench crystals in glass 
Fo, Opx, and Cpx in glass 
Cpx, Opx, and Sp 
Crystalline, Cpx, Opx, and Gar? 
Rare Fo and quench crystals in glass 
Fo, Opx, and Cpx in glass 
Crystalline, Cpx, Opx, and Gar 
Quench crystals in glass 
Fo, Opx, and Cpx in glass 

En 60 An 40 in weight per cent (EAN-40) 

8.5 1470 16 
10 1490 15 
11 1490 20 
13 1500 20 
15 1550 10 
15 1525 15 
15 1500 20 

Fo and rare quench crystals in glass 
Rare Opx in glass 
Opx, rare Fo, and quench crystals in glass 
Opx in glass 
Glass 

Opx in glass 
Opx in glass 

formation of the magmas of each composition 
can be shown as a total of the possibilities for 
each composition. Consequently, the possibili- 
ties are summarized in the lowest line of the 

figure. Basalt magmas are usually believed to be 
generated below about 40 km, and, therefore, 
the depth range deeper than about 40 km is 
considered. The depth range where basalt 
magmas are generated depends on the geotherm. 
The depth of 40 km is a possible upper limit 
in the area where the geotherm is extremely 
high. Thus, the basalt magmas of composition 
A can be generated in the mantle below about 
40 km, but shallower than about 100 km; those 
of composition B, from 40 km to at least 130 
km; those of composition C, below 100 km. 
However, the systems referred to in the present 
paper do not contain iron and minor elements. 
Therefore, the absolute values of the depth 
range for producing different magmas may be 
ehange'd by the introduction of other elements. 
It is suggested, however, that more siliea- 
undersaturated magmas are produced at deeper 
levels than are less siliea-undersaturated mag- 

mas by the partial melting of the mantle perido- 
titc. 

The compositions of the magmas also change 
by the degree of partial melting of the mantle 
peridotites. It is expected that the compositions 
become Mg2SiO• (and MgSiOo) rich with in- 
creasing degree of partial melting of peridotires 

1600 

1500 

1400 

DP-65 L ,_, Opx + L••-""• 
_ [] u.... 

"" '"' Fo+L .•.• • 

•.• ..•_•.•/I..E•- •Fo+Opx+Cpx+L. 1 
• FFt • [] MOpx+Cpx+Sp+L / 

• / [] Opx+ Cpx+Gor 
Opx + cpx + / 
SP +An I / I I I 

15 20 25 30 

Pressure, kb 

Fig. 8. Results of runs on composition DP-65 
(Di 35 pyrope 65 in weight per cent). Abbrevia- 
tions: Cpx, clinopyroxene (diopside solid solu- 
tion); Gar, garnet (pyrope-grossularite series); 
Sp, spinel; other abbreviations as in Figure 5. 
Circles are data by O'Hara [1963]. 
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Chemical evolution in magmatic reservoirs 

Olivines -------- Pyroxènes -------- Plagioclases

Buoyancy

iron content of magma / density



Dike propagation à open conduit 



Flow in volcanic conduit 
and relation with eruption regimes 



Differential motion between gas and magma 

above  
exsolution level 

Wmagma = Q /π a2 ρ

Wbubble = 2 Δρ g r2 / 9 μ
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Figure 3. Variation of the void fraction with pressure for magma-volatile mixtures at high pressure, and 
in which the volatile content initially has values 1, 2, 3, 5, and 7 wt. %. 

function of the pressure p, as given by Henry's law 
[Sparks, 1978] 

ical relation of the form [Jaupart and All•gre, 1991; 
Woods and Bower, 1995] 

The saturation constant s and coefficient [5 depend 
upon the composition of the magma. Representative 
values for H20 in rhyolitic magma are s - 4.11 x 
10 -6 Pa -m and [3 = 0.5. If no denotes the total initial 
volatile content of the magma, then by mass conser- 
vation, the mass of volatiles exsolved from the magma 
and in the gaseous phase is n = no - ns. 

The density of the mixture, p, equals the reciprocal 
of the volume occupied by unit mass of the mixture of 
gas and solid magma. In turn, this is given by the mass 
fraction of gas in the mixture, n, divided by the gas 
density plus the mass fraction of solid in the mixture, 
1 - n, divided by the solid density [Wilson et al., 
1980] 

ns = sp • (4) 31x0Eexp (5 - 100n0)](1 - •)-5/2 
f = 2r 2 (6) 

1 nRT 1 - n 
-= (5) 
p p (r 

Here tr is the solid density, R is the gas constant (R = 
462 J kg -• K-l), and T is the magmatic temperature, 
which is typically in the range 800-1100 øC for silicic 
magma. 

The system of equations for condu•t flow given 
above is complete once the frictional force has been 
specified. While the magma remains as a viscous bub- 
bly liquid, the effective viscosity of the mixture in- 
creases with volatile exsolution and also with the pres- 
ence of bubbles [Jaupart and All•gre, 1991]. The 
motion of such bubbly liquid mixtures is not fully 
understood; however, by comparison with experi- 
ments, the effects may be parameterized by an empir- 

where • is the void fraction of the mixture and no is the 
total mass fraction of volatiles dissolved in the magma. 
As the magma becomes increasingly foamy, the mix- 
ture eventually breaks up into fragments of ash, with 
the continuous phase changing from the liquid magma 
to the gas. Although a number of interesting models 
have been developed suggesting that the fragmentation 
occurs when the liquid films surrounding the bubbles 
are unable to spread as rapidly as is required by the 
enclosed bubble, there is still some debate about the 
precise mechanism for the fragmentation. Pumice col- 
lected from a large number of explosive eruptions 
suggests that at the point of fragmentation, the magma 
vesicularity is of the order of 70-80% [Houghton and 
Wilson, 1989; Thomas et al., 1994]. Here for simplicity 
we adopt a convenient criterion that fragmentation 
occurs when the vesicularity or void fraction of the 
mixture reaches 77%; later we examine the effect of 
variations of this value from 70 to 90% on the model 

eruption rate (see Figure 5d). From the expression for 
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creases with volatile exsolution and also with the pres- 
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motion of such bubbly liquid mixtures is not fully 
understood; however, by comparison with experi- 
ments, the effects may be parameterized by an empir- 
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total mass fraction of volatiles dissolved in the magma. 
As the magma becomes increasingly foamy, the mix- 
ture eventually breaks up into fragments of ash, with 
the continuous phase changing from the liquid magma 
to the gas. Although a number of interesting models 
have been developed suggesting that the fragmentation 
occurs when the liquid films surrounding the bubbles 
are unable to spread as rapidly as is required by the 
enclosed bubble, there is still some debate about the 
precise mechanism for the fragmentation. Pumice col- 
lected from a large number of explosive eruptions 
suggests that at the point of fragmentation, the magma 
vesicularity is of the order of 70-80% [Houghton and 
Wilson, 1989; Thomas et al., 1994]. Here for simplicity 
we adopt a convenient criterion that fragmentation 
occurs when the vesicularity or void fraction of the 
mixture reaches 77%; later we examine the effect of 
variations of this value from 70 to 90% on the model 

eruption rate (see Figure 5d). From the expression for 
the. miYtl•ro. d•naitv it fnllnwn that the void fraction is 

related to the pressure by the relation 
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1 + (1 - n)p/nRTrr 
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pressure for magma with initial volatile contents of 1, 
2, 3, 5 and 7 wt. %. These calculations correspond to 
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regimes in viscous fl uids and large conduits. 
When gas is introduced into static liquid col-
umns from below, high-viscosity fl uids enhance 
bubble coalescence by decreasing the drift ve-
locity of individual bubbles, thereby stabilizing 
slug fl ow at the expense of bubbly fl ow (e.g., 
James et al., 2009; Pioli et al., 2012). Internal 
vesiculation, the most likely source of distrib-
uted bubbles in volcanic systems, has not been 
studied experimentally from the perspective 
of two-phase fl ow regimes. Numerical models 
suggest that large conduit-fi lling bubbles may 
be dynamically unstable during buoyancy-
driven ascent (Suckale et al., 2010) and that 
cyclic patterns of fl ow developed in two-phase 
bubbly  magmas may explain the strong pulsing 
of Hawaiian , Strombolian, and violent Strombo-
lian activity (e.g., Manga, 1996; Slezin, 2003). If 
crystals are present, gas migration may be hin-
dered if bubbles are trapped within the crystal 
network, or aided by increased bubble coales-
cence within melt pathways. Either case will af-
fect fl ow regimes (Belien et al., 2010). Together, 
these studies suggest that simple two-phase fl ow 
interpretations of mafi c eruptive activity should 
be reconsidered.

Bubble rise is suffi ciently hindered in vis-
cous magmas that bubbles will remain in the 
melt from which they formed unless they con-
nect to create permeable networks. Gas escape 
through a permeable foam may not only allow 
degassed lavas to form from originally gas-rich 
magma (Eichelberger et al., 1986), but may 
also explain sharp transitions between explo-
sive and effusive styles of activity (e.g., Jaupart 
and Allegre, 1991). Permeability is commonly 
modeled using percolation theory, which shows 
that a touching network of spheres (the percola-

tion threshold) will form at volume fractions as 
low as 30% (Sahimi, 1994). However, evidence 
from both pumice samples and recent experi-
ments suggests that bubbles in rapidly vesicu-
lating magmas do not always coalesce (become 
connected) at low vesicularities, and instead 
attain a connectivity, or percolation, threshold 
(Pc) at vesicularities of ~60%–70% (Rust and 
Cashman, 2011). The permeability threshold 
(Pm) for suffi ciently rapid gas escape to pre-
vent continued magma expansion is probably 
slightly higher than the percolation threshold 
(Fig. 11B). Available experimental data suggest 
that the percolation and permeability thresholds 
may increase with increasing melt viscosity, and 
decrease with increasing sample crystallinity, 
although these hypotheses need to be tested by 
additional experiments.

The high viscosity of silicic melts also pro-
motes bubble deformation (by increasing Ca). 
Evidence for bubble deformation can be found 
in (1) the prevalence of tube (elongated bubble) 
pumice in high-intensity silicic eruptions (e.g., 
Wright et al., 2006); (2) observed bubble fl at-
tening; and (3) the common occurrence of pyro-
clastic obsidian in subplinian eruptions, which 
probably forms by effi cient gas loss along con-
duit walls (Rust and Cashman, 2007) and may 
record shear-enhanced permeability develop-
ment (e.g., Okumura et al., 2009).

Gas escape through the permeable magma 
leads to some interesting nonlinear dynamics. 
If bubbles within the magma are suffi ciently 
connected to supply gas to the wall rock, rapid 
horizontal gas escape can be driven by pressure 
differences between the magma and low-pressure 
(wall rock) environments (Jaupart and Allegre, 
1991). Gas escape (and collapse of the magma 

foam) is enhanced when permeability-porosity 
curves are hysteretic, such that high permeabili-
ties are maintained as bubbles collapse, thereby 
facilitating gas escape (Fig. 11B). Horizontal gas 
fl ow is enhanced at low pressures when fractured 
wall rocks are at hydrostatic, or atmospheric, 
pressure. Porosity decrease in the upper parts 
of the conduit can also occur if vertical gas fl ow 
exceeds the ascent rate of host magma (Melnik 
and Sparks, 1999). In this scenario, hysteretic 
permea bility functions predict rapid formation 
of compaction waves manifested by alternating 
regions of high and low porosity (Michaut et al., 
2009). Degassing-driven crystallization may fur-
ther enhance the hysteresis of porosity-permea-
bility relationships in viscous magmas, as shown 
by the maintenance of high permeabilities to 
low bulk vesicularities in crystal-rich andesites 
(Melnik and Sparks, 2002).

Controls on Fragmentation

If gas is retained within magma rather than 
lost to wall rocks or the atmosphere, then as-
cending magma will erupt explosively. Rapid 
vesiculation (and expansion) under closed-sys-
tem conditions accelerates magma to the sur-
face, as illustrated by the popular Mentos® and 
Diet Coke® experiments (Coffey, 2008). These 
two processes—expansion and acceleration—
form the core of fragmentation theory. In vol-
canol ogy, “fragmentation” denotes the transition 
from a melt (± crystals) with included bubbles 
to a continuous gas phase with suspended drop-
lets or particles (Fig. 12). Fragmentation may 
be ductile or brittle; in general, fragmentation 
is ductile in low-viscosity (basaltic) melts and 
brittle in high-viscosity (silicic) melts.

Figure 11. (A) Bubble rise 
time (drift velocity) as a func-
tion of bubble radius and melt 
vis cosity. Shaded area shows 
magma ascent rates for typical 
magma supply rates (MSR), 
calculated assuming a cylindri-
cal conduit of radius = 10 m, 
and shows that drift velocity is 
most likely to exceed ascent ve-
locity in low-viscosity (basaltic) 
magma. (B) Illustration of hys-
teresis in permeability-porosity 
data. Initial expansion occurs 
in isolated bubbles until perco-
lation threshold (Pc) is reached 
at ~60% vesicularity. Perme-
ability then increases rapidly to a permeability threshold (Pm) that limits further expansion. Deformation of vesicular magma permits gas 
loss (porosity reduction) without loss of permeability as bubbles deform, until bubble collapse reduces permeability (bubbles again become 
isolated). Figure is modifi ed from Rust and Cashman (2004).
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during ascent and eruption. The past few decades 
have seen numerous advances in fi eld, experi-
mental, and theoretical perspectives on magma-
water interactions, as reviewed in Head and 
Wilson (2003) and White et al. (2003).

In submarine environments, the style of 
magma-water interaction depends primarily on 
the height (pressure) of the overlying water col-
umn and its effect on vapor formation and ex-
pansion (e.g., Kokelaar, 1986; Head and Wilson, 
2003). Although the overlying water pressure is 
unlikely to affect fragmentation of ascending 
hydrous magmas (which should reach fragmen-
tation conditions well within the conduit), the 
water column will control the extent to which 
eruption plumes are suppressed by the weight 
of the overlying water column. Interaction with 
seawater can also enhance magmatic fragmenta-
tion by rapid quenching.

Observations from many mid-ocean-ridge 
and ocean-island environments show extensive 
evidence for fragmentation driven by magmatic 
gases, including characteristic mafi c fl uidal 
pyro clast forms such as Pele’s hair (e.g., Davis 
and Clague, 2006; Clague et al., 2009). In con-
trast, hydrous mafi c magmas that have experi-
enced both degassing and crystallization during 
ascent appear more susceptible to secondary 
(quench fragmentation) processes (e.g., Dear-
dorff et al., 2011). Silicic submarine eruptions 
may be highly explosive, as shown by silicic cal-
deras on the modern seafl oor that have produced 
substantial volumes of highly vesicular pumice 
deposits (e.g., Fiske et al., 2001; Wright et al., 
2003; Tani et al., 2008). Recent review papers 

on subaqueous eruption-fed density currents 
(White, 2000), historic submarine pumice erup-
tions (Kano, 2003), and explosive sub marine 
eruptions (White et al., 2003) discuss eruption 
and deposition of pumice on the seafl oor. A 
critical factor for understanding pumice deposi-
tion is defi ning conditions under which pumice 
transforms from being less dense to being more 
dense than the surrounding seawater (e.g., Cash-
man and Fiske, 1991; Allen et al., 2008).

Magma-water interactions in subaerial envi-
ronments include interaction of rising magma 
with groundwater aquifers, hydrothermal sys-
tems, or surface water (including ice and snow). 
Interaction of magma with external water  typi-
cally produces abundant fi ne ash, with the small 
grain size refl ecting the high energy provided by 
water expansion (e.g., Koyaguchi and Woods, 
1996; Mastin, 2007). Introduction of exter-
nal water may affect the course of magmatic 
eruptions, as illustrated by the 1875 eruption 
of Askja volcano, Iceland, where variations 
in groundwater availability controlled shifts in 
eruption style (Lupi et al., 2011).

Pyroclasts produced by phreatomagmatic 
eruptions often have lower vesicularities than 
pyroclasts from magmatic eruptions, a char-
acteristic that is attributed to premature clast 
quenching because of water (e.g., Houghton and 
Wilson, 1989). The angular form of many clasts 
also points to the importance of quench frag-
mentation, particularly of rapidly chilled glassy 
rinds (Mastin et al., 2009b), as does the appear-
ance of quench cracks on particle surfaces (e.g., 
Büttner et al., 1999; Dellino et al., 2012). Ex-

tensive fragmentation requires intimate mixing 
between magma and water. This is generally 
most effi cient for low-viscosity mafi c magmas 
(e.g., Zimanowski et al., 2003), although recent 
experiments suggest that shear-induced changes 
in melt deformation from ductile to brittle may 
facilitate water interaction in more viscous 
melts (Austin-Erickson et al., 2011). Both the 
infl uence of water on changes in eruption style 
and the ability of external water to increase the 
effi ciency of magmatic fragmentation are im-
portant for evaluating volcanic hazards in re-
gions where there is potential for magma-water 
interaction, particularly regions of distributed 
volcanism (such as cinder cone fi elds). An area 
of future research is in developing ways to map 
both the spatial extent of groundwater systems, 
and the effective permeability of host rocks in 
active volcanic regions.

CONCLUDING REMARKS

The overview provided here highlights the 
physical processes responsible for magma 
ascent, arrest in the upper crust, migration to-
ward Earth’s surface, eruption, and emplace-
ment as pyroclastic fall and fl ow deposits, or as 
lava fl ows and domes. Critical factors to most 
of these processes is the behavior of volatile 
phases as they exsolve and escape from the 
transporting magma, the response of the melt 
phase in terms of phase stability and crystalli-
zation, and the resulting changes in rheology. 
These complex interactions speak to the need 
for continued advances in our understanding of 
both physical and chemical aspects of the entire 
phase space that encompasses mixtures of gases, 
liquids, and particles. Additionally, because an 
important goal of volcanological research is 
improved assessment of the hazards posed by 
volcanic eruptions and the associated risks to 
human populations, improved understanding of 
the underlying processes must be translated to 
improvements in hazard and risk assessment. 
For this reason, the past few decades have seen 
a proliferation of cross-disciplinary research 
themes and publications related to volcanic 
activity, including volcano impacts on health 
(e.g., Hansell and Oppenheimer, 2004; Horwell 
and Baxter, 2006), culture (e.g., Cashman and 
Giordano, 2008; Grattan and Torrence, 2010), 
religion (e.g., Gaillard and Texier, 2010), and 
societal resilience (e.g., Paton and Johnston, 
2006), as well as modeling of ash plumes (e.g., 
Mastin et al., 2009a) and issues of risk and un-
certainty in volcanic hazard assessment (Sparks 
et al., 2012). Although a thorough review of 
these themes is outside the scope of this re-
view, we end by placing basic volcanological 
research within the context of applied research 

Figure 18. Plot of pyroclast 
crystallinity (phenocrysts, micro-
phenocrysts, and microlites) 
as a function of SiO2 (wt%) 
in the groundmass glass for 
products of transitional erup-
tions; eruptive style is labeled 
as Strombolian (includes vio-
lent Strombolian) and Vul-
canian. All eruptive products 
are highly crystalline; eruption 
style appears to refl ect matrix 
glass composition (viscosity). 
Volcanoes that erupt magma 
with bulk compositions of basaltic andesite to andesite can have different eruptive styles 
depending on the amount of groundmass crystallization (and resulting evolution of matrix 
glass). ET—Etna, Italy; VS—Vesuvius, Italy; CN—Cerro Negro, Nicaragua; SH—Shishaldin, 
United States; PAR—Paricutin, Mexico; TUN—Tungurahua, Ecuador; GAL—Galeras, 
Colombia; COL—Colima, Mexico; PCH—Pichincha, Ecuador; MRT—Soufriere Hills, 
Montserrat; MSH—Mount St. Helens, United States. Data are from Santacroce et al. (1993), 
Calvache and Williams (1997), Roggensack et al. (1997), Cashman and Blundy (2000), Luhr 
(2001), Stelling et al. (2002), Mora et al. (2002), Harford et al. (2003), Tadduecci et al. (2004), 
and Wright et al. (2012).
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regimes in viscous fl uids and large conduits. 
When gas is introduced into static liquid col-
umns from below, high-viscosity fl uids enhance 
bubble coalescence by decreasing the drift ve-
locity of individual bubbles, thereby stabilizing 
slug fl ow at the expense of bubbly fl ow (e.g., 
James et al., 2009; Pioli et al., 2012). Internal 
vesiculation, the most likely source of distrib-
uted bubbles in volcanic systems, has not been 
studied experimentally from the perspective 
of two-phase fl ow regimes. Numerical models 
suggest that large conduit-fi lling bubbles may 
be dynamically unstable during buoyancy-
driven ascent (Suckale et al., 2010) and that 
cyclic patterns of fl ow developed in two-phase 
bubbly  magmas may explain the strong pulsing 
of Hawaiian , Strombolian, and violent Strombo-
lian activity (e.g., Manga, 1996; Slezin, 2003). If 
crystals are present, gas migration may be hin-
dered if bubbles are trapped within the crystal 
network, or aided by increased bubble coales-
cence within melt pathways. Either case will af-
fect fl ow regimes (Belien et al., 2010). Together, 
these studies suggest that simple two-phase fl ow 
interpretations of mafi c eruptive activity should 
be reconsidered.

Bubble rise is suffi ciently hindered in vis-
cous magmas that bubbles will remain in the 
melt from which they formed unless they con-
nect to create permeable networks. Gas escape 
through a permeable foam may not only allow 
degassed lavas to form from originally gas-rich 
magma (Eichelberger et al., 1986), but may 
also explain sharp transitions between explo-
sive and effusive styles of activity (e.g., Jaupart 
and Allegre, 1991). Permeability is commonly 
modeled using percolation theory, which shows 
that a touching network of spheres (the percola-

tion threshold) will form at volume fractions as 
low as 30% (Sahimi, 1994). However, evidence 
from both pumice samples and recent experi-
ments suggests that bubbles in rapidly vesicu-
lating magmas do not always coalesce (become 
connected) at low vesicularities, and instead 
attain a connectivity, or percolation, threshold 
(Pc) at vesicularities of ~60%–70% (Rust and 
Cashman, 2011). The permeability threshold 
(Pm) for suffi ciently rapid gas escape to pre-
vent continued magma expansion is probably 
slightly higher than the percolation threshold 
(Fig. 11B). Available experimental data suggest 
that the percolation and permeability thresholds 
may increase with increasing melt viscosity, and 
decrease with increasing sample crystallinity, 
although these hypotheses need to be tested by 
additional experiments.

The high viscosity of silicic melts also pro-
motes bubble deformation (by increasing Ca). 
Evidence for bubble deformation can be found 
in (1) the prevalence of tube (elongated bubble) 
pumice in high-intensity silicic eruptions (e.g., 
Wright et al., 2006); (2) observed bubble fl at-
tening; and (3) the common occurrence of pyro-
clastic obsidian in subplinian eruptions, which 
probably forms by effi cient gas loss along con-
duit walls (Rust and Cashman, 2007) and may 
record shear-enhanced permeability develop-
ment (e.g., Okumura et al., 2009).

Gas escape through the permeable magma 
leads to some interesting nonlinear dynamics. 
If bubbles within the magma are suffi ciently 
connected to supply gas to the wall rock, rapid 
horizontal gas escape can be driven by pressure 
differences between the magma and low-pressure 
(wall rock) environments (Jaupart and Allegre, 
1991). Gas escape (and collapse of the magma 

foam) is enhanced when permeability-porosity 
curves are hysteretic, such that high permeabili-
ties are maintained as bubbles collapse, thereby 
facilitating gas escape (Fig. 11B). Horizontal gas 
fl ow is enhanced at low pressures when fractured 
wall rocks are at hydrostatic, or atmospheric, 
pressure. Porosity decrease in the upper parts 
of the conduit can also occur if vertical gas fl ow 
exceeds the ascent rate of host magma (Melnik 
and Sparks, 1999). In this scenario, hysteretic 
permea bility functions predict rapid formation 
of compaction waves manifested by alternating 
regions of high and low porosity (Michaut et al., 
2009). Degassing-driven crystallization may fur-
ther enhance the hysteresis of porosity-permea-
bility relationships in viscous magmas, as shown 
by the maintenance of high permeabilities to 
low bulk vesicularities in crystal-rich andesites 
(Melnik and Sparks, 2002).

Controls on Fragmentation

If gas is retained within magma rather than 
lost to wall rocks or the atmosphere, then as-
cending magma will erupt explosively. Rapid 
vesiculation (and expansion) under closed-sys-
tem conditions accelerates magma to the sur-
face, as illustrated by the popular Mentos® and 
Diet Coke® experiments (Coffey, 2008). These 
two processes—expansion and acceleration—
form the core of fragmentation theory. In vol-
canol ogy, “fragmentation” denotes the transition 
from a melt (± crystals) with included bubbles 
to a continuous gas phase with suspended drop-
lets or particles (Fig. 12). Fragmentation may 
be ductile or brittle; in general, fragmentation 
is ductile in low-viscosity (basaltic) melts and 
brittle in high-viscosity (silicic) melts.

Figure 11. (A) Bubble rise 
time (drift velocity) as a func-
tion of bubble radius and melt 
vis cosity. Shaded area shows 
magma ascent rates for typical 
magma supply rates (MSR), 
calculated assuming a cylindri-
cal conduit of radius = 10 m, 
and shows that drift velocity is 
most likely to exceed ascent ve-
locity in low-viscosity (basaltic) 
magma. (B) Illustration of hys-
teresis in permeability-porosity 
data. Initial expansion occurs 
in isolated bubbles until perco-
lation threshold (Pc) is reached 
at ~60% vesicularity. Perme-
ability then increases rapidly to a permeability threshold (Pm) that limits further expansion. Deformation of vesicular magma permits gas 
loss (porosity reduction) without loss of permeability as bubbles deform, until bubble collapse reduces permeability (bubbles again become 
isolated). Figure is modifi ed from Rust and Cashman (2004).

Magma ascent velocities
calculated assuming a
cylindrical conduit of 
10m diameter

–3 –1 31

Lo
g 

bu
bb

le
 r

is
e 

ra
te

 (
m

/s
)

Log bubble radius (mm)

0

4

–4

–8

–12

–16

BASALT
 (1

00 Pa s)

ANDESITE (1
0  P

a s)
4

DACITE (1
0  P

a s)
6

RHYOLITE (1
0  P

a s)
8

MSR = 1000 m /s3

MSR = 0.1 m /s3

Increasing vesicularity

In
cr

ea
si

ng
 p

er
m

ea
bi

lit
y

ISOLATED BUBBLES EXPAND

BUBBLES DEFORM
      GAS ESCAPES

MAGMA
DENSIFIES

BUBBLES CONNECT
LIMIT VESICULARITY

A B

Pc

Pm



Bubbly viscous flow 

33, 4 / REVIEWS OF GEOPHYSICS Woods' DYNAMICS OF EXPLOSIVE ERUPTIONS ß 497 

more subtle and is a result of the presence of water in 
the magma. As magma cools and crystallizes anhy- 
drous phases, the residual melt becomes enriched in 
water and therefore eventually becomes saturated. 
Volatile bubbles are then exsolved, leading to a build 
up of the pressure and eruption. This process has been 
examined in detail by Blake [1984] and Tait et al. 
[1989]. The latter authors calculated that eruptions 
occur when the bubble concentration in magma is of 
the order of 0.1%; the timescale for such eruptions is 
set by the cooling of the chamber, and this suggests 
that for a typical-sized reservoir of viscous magma, 
such eruptions will repeat over the course of a few 
hundred years. 

Once the conduit is open, the magma begins its 
ascent, losing pressure as a result both of the work 
done against gravity and of the frictional forces on the 
walls of the conduit. The loss of pressure reduces the 
solubility of the dissolved volatile phases in the 
magma, and as a result, volatile bubbles form. The 
magma therefore inflates and accelerates along the 
conduit. Although initially the speed of the rising 
magma is dominated by the balance between the driv- 
ing pressure, the gravitational work, and the viscous 
resistance, eventually when the mixture has acceler- 
ated sufficiently, the inertia of the mixture becomes 
important. Owing to the high viscosity of the magma, 
the ascent speed of volatiles relative to the magma is 
small compared with the ascent speed of the magma. 
Therefore it is commonly assumed that the material 
moves as a homogeneous mixture [Wilson et al. 1980], 
although recently nobran [1992] examined the influ- 
ence of relative motion between the magma and the 
volatiles. The typical buoyant ascent speed of a bub- 
ble, propagating under a balance between viscous 
stresses and buoyancy [Batchelor, 1967], is 

vt, = 2Apgr2/91 x (1) 

For typical bubble-magma density contrasts of the 
order of 102-103 kg m -3 and magma viscosity in the 
range 105-107 Pa s, the speeds of bubbles of typical 
sizes 0.001-10 mm are of the order of vo = 10 -•5- 
10 -6 m s -• much smaller than the typical ascent 
speed of the magma, which is of the order of 0.1-100 m 
s -•. These speeds justify the homogeneous flow as- 
sumption. The assumption becomes increasingly accu- 
rate as the magma ascends and continues to exsolve 
volatiles, since magma viscosity typically increases by 
an order of magnitude for every 1 wt. % of volatiles 
exsolved [Jaupart and Tait, 1990]. Note that in basal- 
tic eruptions, larger volatile bubbles may ascend at 
speeds comparable to the magma ascent speed since 
the viscosity of basalt is several orders of magnitude 
smaller than that of silicic magma [Vergniolle and 
Jaupart, 1986]; however, the study of such eruptions, 
which can lead to fire fountaininc, is beyond the scope 
of the present discussion. 
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duit flow. 

Models of conduit Flow 

Although considerable research is still required to 
establish the details of the conduit formation process 
and the controls upon conduit size, we can model the 
flow along the conduit once it has become established. 
We therefore analyze the steady eruption of magma 
from a chamber, averaging quantities across a conduit 
of prescribed shape to obtain a one-dimensional lead- 
ing order description of the flow [Wilson et al., 1980]. 
Analogous models of the transient eruption of magma 
have been presented by Turcotte et al. [1990] and 
Woods [1995]. In a conduit of cross-sectional area A, 
with mean flow velocity u and density p (Figure 2), the 
motion is governed by equations for the conservation 
of mass flux Q, 

and momentum 

puA = Q (2) 

eu ep 

pu d-• = dz Pg - f (3) 
where f denotes the frictional force on the mixture, p 
is the pressure, g is the gravitational acceleration, and 
z is the distance along the conduit. These equations 
are combined with a relationship between the pressure 
and the mass fraction of volatiles exsolved from the 

magma (the gas mass fraction n) and with the equation 
for the density of the magma-volatile mixture, p. 

It is usual to model the system as being in equilib- 
rium [Wilson et al., 1980; nobran, 1992], in which case 
the mass of volatiles in solution in the magma, ns, is a 
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more subtle and is a result of the presence of water in 
the magma. As magma cools and crystallizes anhy- 
drous phases, the residual melt becomes enriched in 
water and therefore eventually becomes saturated. 
Volatile bubbles are then exsolved, leading to a build 
up of the pressure and eruption. This process has been 
examined in detail by Blake [1984] and Tait et al. 
[1989]. The latter authors calculated that eruptions 
occur when the bubble concentration in magma is of 
the order of 0.1%; the timescale for such eruptions is 
set by the cooling of the chamber, and this suggests 
that for a typical-sized reservoir of viscous magma, 
such eruptions will repeat over the course of a few 
hundred years. 

Once the conduit is open, the magma begins its 
ascent, losing pressure as a result both of the work 
done against gravity and of the frictional forces on the 
walls of the conduit. The loss of pressure reduces the 
solubility of the dissolved volatile phases in the 
magma, and as a result, volatile bubbles form. The 
magma therefore inflates and accelerates along the 
conduit. Although initially the speed of the rising 
magma is dominated by the balance between the driv- 
ing pressure, the gravitational work, and the viscous 
resistance, eventually when the mixture has acceler- 
ated sufficiently, the inertia of the mixture becomes 
important. Owing to the high viscosity of the magma, 
the ascent speed of volatiles relative to the magma is 
small compared with the ascent speed of the magma. 
Therefore it is commonly assumed that the material 
moves as a homogeneous mixture [Wilson et al. 1980], 
although recently nobran [1992] examined the influ- 
ence of relative motion between the magma and the 
volatiles. The typical buoyant ascent speed of a bub- 
ble, propagating under a balance between viscous 
stresses and buoyancy [Batchelor, 1967], is 

vt, = 2Apgr2/91 x (1) 

For typical bubble-magma density contrasts of the 
order of 102-103 kg m -3 and magma viscosity in the 
range 105-107 Pa s, the speeds of bubbles of typical 
sizes 0.001-10 mm are of the order of vo = 10 -•5- 
10 -6 m s -• much smaller than the typical ascent 
speed of the magma, which is of the order of 0.1-100 m 
s -•. These speeds justify the homogeneous flow as- 
sumption. The assumption becomes increasingly accu- 
rate as the magma ascends and continues to exsolve 
volatiles, since magma viscosity typically increases by 
an order of magnitude for every 1 wt. % of volatiles 
exsolved [Jaupart and Tait, 1990]. Note that in basal- 
tic eruptions, larger volatile bubbles may ascend at 
speeds comparable to the magma ascent speed since 
the viscosity of basalt is several orders of magnitude 
smaller than that of silicic magma [Vergniolle and 
Jaupart, 1986]; however, the study of such eruptions, 
which can lead to fire fountaininc, is beyond the scope 
of the present discussion. 
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We therefore analyze the steady eruption of magma 
from a chamber, averaging quantities across a conduit 
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Analogous models of the transient eruption of magma 
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motion is governed by equations for the conservation 
of mass flux Q, 
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where f denotes the frictional force on the mixture, p 
is the pressure, g is the gravitational acceleration, and 
z is the distance along the conduit. These equations 
are combined with a relationship between the pressure 
and the mass fraction of volatiles exsolved from the 

magma (the gas mass fraction n) and with the equation 
for the density of the magma-volatile mixture, p. 

It is usual to model the system as being in equilib- 
rium [Wilson et al., 1980; nobran, 1992], in which case 
the mass of volatiles in solution in the magma, ns, is a 
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Figure 3. Variation of the void fraction with pressure for magma-volatile mixtures at high pressure, and 
in which the volatile content initially has values 1, 2, 3, 5, and 7 wt. %. 

function of the pressure p, as given by Henry's law 
[Sparks, 1978] 

ical relation of the form [Jaupart and All•gre, 1991; 
Woods and Bower, 1995] 

The saturation constant s and coefficient [5 depend 
upon the composition of the magma. Representative 
values for H20 in rhyolitic magma are s - 4.11 x 
10 -6 Pa -m and [3 = 0.5. If no denotes the total initial 
volatile content of the magma, then by mass conser- 
vation, the mass of volatiles exsolved from the magma 
and in the gaseous phase is n = no - ns. 

The density of the mixture, p, equals the reciprocal 
of the volume occupied by unit mass of the mixture of 
gas and solid magma. In turn, this is given by the mass 
fraction of gas in the mixture, n, divided by the gas 
density plus the mass fraction of solid in the mixture, 
1 - n, divided by the solid density [Wilson et al., 
1980] 

ns = sp • (4) 31x0Eexp (5 - 100n0)](1 - •)-5/2 
f = 2r 2 (6) 

1 nRT 1 - n 
-= (5) 
p p (r 

Here tr is the solid density, R is the gas constant (R = 
462 J kg -• K-l), and T is the magmatic temperature, 
which is typically in the range 800-1100 øC for silicic 
magma. 

The system of equations for condu•t flow given 
above is complete once the frictional force has been 
specified. While the magma remains as a viscous bub- 
bly liquid, the effective viscosity of the mixture in- 
creases with volatile exsolution and also with the pres- 
ence of bubbles [Jaupart and All•gre, 1991]. The 
motion of such bubbly liquid mixtures is not fully 
understood; however, by comparison with experi- 
ments, the effects may be parameterized by an empir- 

where • is the void fraction of the mixture and no is the 
total mass fraction of volatiles dissolved in the magma. 
As the magma becomes increasingly foamy, the mix- 
ture eventually breaks up into fragments of ash, with 
the continuous phase changing from the liquid magma 
to the gas. Although a number of interesting models 
have been developed suggesting that the fragmentation 
occurs when the liquid films surrounding the bubbles 
are unable to spread as rapidly as is required by the 
enclosed bubble, there is still some debate about the 
precise mechanism for the fragmentation. Pumice col- 
lected from a large number of explosive eruptions 
suggests that at the point of fragmentation, the magma 
vesicularity is of the order of 70-80% [Houghton and 
Wilson, 1989; Thomas et al., 1994]. Here for simplicity 
we adopt a convenient criterion that fragmentation 
occurs when the vesicularity or void fraction of the 
mixture reaches 77%; later we examine the effect of 
variations of this value from 70 to 90% on the model 

eruption rate (see Figure 5d). From the expression for 
the. miYtl•ro. d•naitv it fnllnwn that the void fraction is 

related to the pressure by the relation 

q, = (7) 
1 + (1 - n)p/nRTrr 

Figure 3 shows how the void fraction varies with the 
pressure for magma with initial volatile contents of 1, 
2, 3, 5 and 7 wt. %. These calculations correspond to 

Woods, 1995
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of the volume occupied by unit mass of the mixture of 
gas and solid magma. In turn, this is given by the mass 
fraction of gas in the mixture, n, divided by the gas 
density plus the mass fraction of solid in the mixture, 
1 - n, divided by the solid density [Wilson et al., 
1980] 
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Here tr is the solid density, R is the gas constant (R = 
462 J kg -• K-l), and T is the magmatic temperature, 
which is typically in the range 800-1100 øC for silicic 
magma. 

The system of equations for condu•t flow given 
above is complete once the frictional force has been 
specified. While the magma remains as a viscous bub- 
bly liquid, the effective viscosity of the mixture in- 
creases with volatile exsolution and also with the pres- 
ence of bubbles [Jaupart and All•gre, 1991]. The 
motion of such bubbly liquid mixtures is not fully 
understood; however, by comparison with experi- 
ments, the effects may be parameterized by an empir- 

where • is the void fraction of the mixture and no is the 
total mass fraction of volatiles dissolved in the magma. 
As the magma becomes increasingly foamy, the mix- 
ture eventually breaks up into fragments of ash, with 
the continuous phase changing from the liquid magma 
to the gas. Although a number of interesting models 
have been developed suggesting that the fragmentation 
occurs when the liquid films surrounding the bubbles 
are unable to spread as rapidly as is required by the 
enclosed bubble, there is still some debate about the 
precise mechanism for the fragmentation. Pumice col- 
lected from a large number of explosive eruptions 
suggests that at the point of fragmentation, the magma 
vesicularity is of the order of 70-80% [Houghton and 
Wilson, 1989; Thomas et al., 1994]. Here for simplicity 
we adopt a convenient criterion that fragmentation 
occurs when the vesicularity or void fraction of the 
mixture reaches 77%; later we examine the effect of 
variations of this value from 70 to 90% on the model 

eruption rate (see Figure 5d). From the expression for 
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more subtle and is a result of the presence of water in 
the magma. As magma cools and crystallizes anhy- 
drous phases, the residual melt becomes enriched in 
water and therefore eventually becomes saturated. 
Volatile bubbles are then exsolved, leading to a build 
up of the pressure and eruption. This process has been 
examined in detail by Blake [1984] and Tait et al. 
[1989]. The latter authors calculated that eruptions 
occur when the bubble concentration in magma is of 
the order of 0.1%; the timescale for such eruptions is 
set by the cooling of the chamber, and this suggests 
that for a typical-sized reservoir of viscous magma, 
such eruptions will repeat over the course of a few 
hundred years. 

Once the conduit is open, the magma begins its 
ascent, losing pressure as a result both of the work 
done against gravity and of the frictional forces on the 
walls of the conduit. The loss of pressure reduces the 
solubility of the dissolved volatile phases in the 
magma, and as a result, volatile bubbles form. The 
magma therefore inflates and accelerates along the 
conduit. Although initially the speed of the rising 
magma is dominated by the balance between the driv- 
ing pressure, the gravitational work, and the viscous 
resistance, eventually when the mixture has acceler- 
ated sufficiently, the inertia of the mixture becomes 
important. Owing to the high viscosity of the magma, 
the ascent speed of volatiles relative to the magma is 
small compared with the ascent speed of the magma. 
Therefore it is commonly assumed that the material 
moves as a homogeneous mixture [Wilson et al. 1980], 
although recently nobran [1992] examined the influ- 
ence of relative motion between the magma and the 
volatiles. The typical buoyant ascent speed of a bub- 
ble, propagating under a balance between viscous 
stresses and buoyancy [Batchelor, 1967], is 

vt, = 2Apgr2/91 x (1) 

For typical bubble-magma density contrasts of the 
order of 102-103 kg m -3 and magma viscosity in the 
range 105-107 Pa s, the speeds of bubbles of typical 
sizes 0.001-10 mm are of the order of vo = 10 -•5- 
10 -6 m s -• much smaller than the typical ascent 
speed of the magma, which is of the order of 0.1-100 m 
s -•. These speeds justify the homogeneous flow as- 
sumption. The assumption becomes increasingly accu- 
rate as the magma ascends and continues to exsolve 
volatiles, since magma viscosity typically increases by 
an order of magnitude for every 1 wt. % of volatiles 
exsolved [Jaupart and Tait, 1990]. Note that in basal- 
tic eruptions, larger volatile bubbles may ascend at 
speeds comparable to the magma ascent speed since 
the viscosity of basalt is several orders of magnitude 
smaller than that of silicic magma [Vergniolle and 
Jaupart, 1986]; however, the study of such eruptions, 
which can lead to fire fountaininc, is beyond the scope 
of the present discussion. 
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Figure 2. Detailed dynamical processes involved with con- 
duit flow. 

Models of conduit Flow 

Although considerable research is still required to 
establish the details of the conduit formation process 
and the controls upon conduit size, we can model the 
flow along the conduit once it has become established. 
We therefore analyze the steady eruption of magma 
from a chamber, averaging quantities across a conduit 
of prescribed shape to obtain a one-dimensional lead- 
ing order description of the flow [Wilson et al., 1980]. 
Analogous models of the transient eruption of magma 
have been presented by Turcotte et al. [1990] and 
Woods [1995]. In a conduit of cross-sectional area A, 
with mean flow velocity u and density p (Figure 2), the 
motion is governed by equations for the conservation 
of mass flux Q, 

and momentum 

puA = Q (2) 

eu ep 

pu d-• = dz Pg - f (3) 
where f denotes the frictional force on the mixture, p 
is the pressure, g is the gravitational acceleration, and 
z is the distance along the conduit. These equations 
are combined with a relationship between the pressure 
and the mass fraction of volatiles exsolved from the 

magma (the gas mass fraction n) and with the equation 
for the density of the magma-volatile mixture, p. 

It is usual to model the system as being in equilib- 
rium [Wilson et al., 1980; nobran, 1992], in which case 
the mass of volatiles in solution in the magma, ns, is a 
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more subtle and is a result of the presence of water in 
the magma. As magma cools and crystallizes anhy- 
drous phases, the residual melt becomes enriched in 
water and therefore eventually becomes saturated. 
Volatile bubbles are then exsolved, leading to a build 
up of the pressure and eruption. This process has been 
examined in detail by Blake [1984] and Tait et al. 
[1989]. The latter authors calculated that eruptions 
occur when the bubble concentration in magma is of 
the order of 0.1%; the timescale for such eruptions is 
set by the cooling of the chamber, and this suggests 
that for a typical-sized reservoir of viscous magma, 
such eruptions will repeat over the course of a few 
hundred years. 

Once the conduit is open, the magma begins its 
ascent, losing pressure as a result both of the work 
done against gravity and of the frictional forces on the 
walls of the conduit. The loss of pressure reduces the 
solubility of the dissolved volatile phases in the 
magma, and as a result, volatile bubbles form. The 
magma therefore inflates and accelerates along the 
conduit. Although initially the speed of the rising 
magma is dominated by the balance between the driv- 
ing pressure, the gravitational work, and the viscous 
resistance, eventually when the mixture has acceler- 
ated sufficiently, the inertia of the mixture becomes 
important. Owing to the high viscosity of the magma, 
the ascent speed of volatiles relative to the magma is 
small compared with the ascent speed of the magma. 
Therefore it is commonly assumed that the material 
moves as a homogeneous mixture [Wilson et al. 1980], 
although recently nobran [1992] examined the influ- 
ence of relative motion between the magma and the 
volatiles. The typical buoyant ascent speed of a bub- 
ble, propagating under a balance between viscous 
stresses and buoyancy [Batchelor, 1967], is 

vt, = 2Apgr2/91 x (1) 

For typical bubble-magma density contrasts of the 
order of 102-103 kg m -3 and magma viscosity in the 
range 105-107 Pa s, the speeds of bubbles of typical 
sizes 0.001-10 mm are of the order of vo = 10 -•5- 
10 -6 m s -• much smaller than the typical ascent 
speed of the magma, which is of the order of 0.1-100 m 
s -•. These speeds justify the homogeneous flow as- 
sumption. The assumption becomes increasingly accu- 
rate as the magma ascends and continues to exsolve 
volatiles, since magma viscosity typically increases by 
an order of magnitude for every 1 wt. % of volatiles 
exsolved [Jaupart and Tait, 1990]. Note that in basal- 
tic eruptions, larger volatile bubbles may ascend at 
speeds comparable to the magma ascent speed since 
the viscosity of basalt is several orders of magnitude 
smaller than that of silicic magma [Vergniolle and 
Jaupart, 1986]; however, the study of such eruptions, 
which can lead to fire fountaininc, is beyond the scope 
of the present discussion. 
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Figure 2. Detailed dynamical processes involved with con- 
duit flow. 

Models of conduit Flow 

Although considerable research is still required to 
establish the details of the conduit formation process 
and the controls upon conduit size, we can model the 
flow along the conduit once it has become established. 
We therefore analyze the steady eruption of magma 
from a chamber, averaging quantities across a conduit 
of prescribed shape to obtain a one-dimensional lead- 
ing order description of the flow [Wilson et al., 1980]. 
Analogous models of the transient eruption of magma 
have been presented by Turcotte et al. [1990] and 
Woods [1995]. In a conduit of cross-sectional area A, 
with mean flow velocity u and density p (Figure 2), the 
motion is governed by equations for the conservation 
of mass flux Q, 

and momentum 

puA = Q (2) 

eu ep 

pu d-• = dz Pg - f (3) 
where f denotes the frictional force on the mixture, p 
is the pressure, g is the gravitational acceleration, and 
z is the distance along the conduit. These equations 
are combined with a relationship between the pressure 
and the mass fraction of volatiles exsolved from the 

magma (the gas mass fraction n) and with the equation 
for the density of the magma-volatile mixture, p. 

It is usual to model the system as being in equilib- 
rium [Wilson et al., 1980; nobran, 1992], in which case 
the mass of volatiles in solution in the magma, ns, is a 
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the case in which the mixture is assumed to exsolve 

volatiles in equilibrium (equation (4)). It is seen that 
the void fraction only reaches values of the order of 
70-80% when the pressure has fallen to values of the 
order of 100-300 atm. 

Above the point of fragmentation, the gas becomes 
the continuous phase, and the frictional forces there- 
fore become much smaller. The effective viscosity of 
the mixture is significantly reduced, since it is much 
closer to the viscosity of the gas phase, and the flow 
becomes highly turbulent. We assume that the frag- 
ments are sufficiently small that the gas and solid move 
with the same speed. The friction coefficient may then 
be parameterized by the law for turbulent flow in a 
pipe [Wilson et al., 1980] 

pu 2 
f= 0.0025 (8) 

where r is the radius of the conduit. The friction 

factor, here taken as 0.0025, depends upon the rough- 
ness and geometry of the conduit walls and may in fact 
vary from 0.01 to 0.0001. It is interesting to note that 
above the fragmentation level, the loss of pressure in 
the mixture is mainly a result of the work done against 
gravity, rather than due to this turbulent friction, and 
so the details of the flow are somewhat insensitive to 

the precise value off; however, the parameterization 
of the viscous friction below the fragmentation surface 
has a much more significant impact upon the flow. 

In order to obtain numerical solutions for the erup- 
tion rate, boundary conditions in the magma chamber 
and at the volcanic vent are required. We assume that 
the flow initially issues from a magma chamber in 
which the pressure is in excess of lithostatic. Typical 
overpressures lie in the range 0-100 atm, depending 
upon the strength of the country rock [Tait et al., 
1989]. At the vent the flow has typically accelerated 
sufficiently that the compressibility of the mixture be- 
comes important, and the flow issues from the vent at 
pressures in excess of atmospheric with the speed of 
sound [Shapiro, 1954; Kieffer, 1977; Wilson et al., 
1980]. The equation governing the evolution of the 
pressure may be found by combining the equations for 
mass and momentum conservation, 

= -pg -f (9) 

2 dp/dp. Woods and Bower [1995] have where Uc = 
shown that under the simplification that the gas con- 
stant for the magmatic volatiles is independent of pres- 
sure and temperature, for vent pressures in the range 
10 atm < P < 100 atm, the sonic velocity of the 
material at the vent, U c, has the approximate form 

Uc • 0.97(noRT) 1/2 (10) 

for magmatic volatile contents greater than about 3 wt. 
%. This expression is independent of vent pressure 
and provides an accurate means of estimating the 
eruption velocity without solving for the flow in the 
conduit. The dynamics of the flow in the conduit de- 
termine the pressure at the vent and therefore the 
density of the erupting material as given by (5). As a 
result, the mass eruption rate is sensitive to the dy- 
namics of the flow in the conduit, even though the 
sonic vent velocity is nearly independent of the details 
of the conduit flow [Woods and Bower, 1995]. 

In most models it is assumed that the mixture re- 

mains isothermal. This approximation is valid once the 
flow has become established, since the walls of the 
conduit are rapidly heated to the temperature of the 
mixture, and the timescale for conduction of heat 
away from the walls through the surrounding country 
rock is much longer than that of the flow. For example, 
after 100 s of eruption, the thermal boundary layer at 
the walls of the conduit has thickness dr of the order 
of (Kt) 1/2 -'• 0.01 m, where the thermal diffusivity 
10 -6 m 2 s-1. This leads to a heat flux through the walls 
of the conduit of the order of 

2•rRHpCpnAT/dr- 109-10 lø J s -1 (11) 

where the conduit radius R --- 10 m, the length H 
103 m, the specific heat Ct, --- 1000 J- • kg- • K- •, and 
the temperature difference AT < 1000 K. In contrast, 
the typical heat flux along the conduit associated with 
the magma is of the order of QCeT --- 10•2-10 •5 J s -•. 
Therefore the cooling from the conduit walls is negli- 
gible, and the mixture may be assumed to ascend 
adiabatically. Since the ratio of gas to solid in the 
conduit is very small, <3-5 wt. %, the cooling due to 
adiabatic expansion is small. We deduce that to lead- 
ing order the mixture may be assumed to be isothermal 
[Buresti and Casarosa, 1989]. 

Model Eruption Rates 
Figure 4a shows the result of a typical calculation in 

which the variation of the velocity, pressure, and void 
fraction is shown as a function of the height in the 
conduit. It is seen that the pressure decreases more 
rapidly than lithostatic pressure (Figure 4a) owing to 
the large viscous pressure loss, even though the mix- 
ture is less dense than the surrounding rock. As the 
magma exsolves volatiles, the velocity and viscosity 
increase, causing the pressure to decrease more rap- 
idly. Eventually, the void fraction reaches values in 
the range 70-80% and fragmentation occurs. The liq- 
uid films surrounding the gas bubbles fracture, and the 
continuous phase evolves from a bubbly liquid to an 
ash-laden gas. Above this point, the viscous stresses 
and hence the rate of pressure loss are rather less 
rapid. However, the mixture continues to inflate and 
accelerate, eventually erupting at the vent as an over- 
pressured, sonic jet. Figure 4b compares the viscous 
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the case in which the mixture is assumed to exsolve 

volatiles in equilibrium (equation (4)). It is seen that 
the void fraction only reaches values of the order of 
70-80% when the pressure has fallen to values of the 
order of 100-300 atm. 

Above the point of fragmentation, the gas becomes 
the continuous phase, and the frictional forces there- 
fore become much smaller. The effective viscosity of 
the mixture is significantly reduced, since it is much 
closer to the viscosity of the gas phase, and the flow 
becomes highly turbulent. We assume that the frag- 
ments are sufficiently small that the gas and solid move 
with the same speed. The friction coefficient may then 
be parameterized by the law for turbulent flow in a 
pipe [Wilson et al., 1980] 

pu 2 
f= 0.0025 (8) 

where r is the radius of the conduit. The friction 

factor, here taken as 0.0025, depends upon the rough- 
ness and geometry of the conduit walls and may in fact 
vary from 0.01 to 0.0001. It is interesting to note that 
above the fragmentation level, the loss of pressure in 
the mixture is mainly a result of the work done against 
gravity, rather than due to this turbulent friction, and 
so the details of the flow are somewhat insensitive to 

the precise value off; however, the parameterization 
of the viscous friction below the fragmentation surface 
has a much more significant impact upon the flow. 

In order to obtain numerical solutions for the erup- 
tion rate, boundary conditions in the magma chamber 
and at the volcanic vent are required. We assume that 
the flow initially issues from a magma chamber in 
which the pressure is in excess of lithostatic. Typical 
overpressures lie in the range 0-100 atm, depending 
upon the strength of the country rock [Tait et al., 
1989]. At the vent the flow has typically accelerated 
sufficiently that the compressibility of the mixture be- 
comes important, and the flow issues from the vent at 
pressures in excess of atmospheric with the speed of 
sound [Shapiro, 1954; Kieffer, 1977; Wilson et al., 
1980]. The equation governing the evolution of the 
pressure may be found by combining the equations for 
mass and momentum conservation, 

= -pg -f (9) 

2 dp/dp. Woods and Bower [1995] have where Uc = 
shown that under the simplification that the gas con- 
stant for the magmatic volatiles is independent of pres- 
sure and temperature, for vent pressures in the range 
10 atm < P < 100 atm, the sonic velocity of the 
material at the vent, U c, has the approximate form 

Uc • 0.97(noRT) 1/2 (10) 

for magmatic volatile contents greater than about 3 wt. 
%. This expression is independent of vent pressure 
and provides an accurate means of estimating the 
eruption velocity without solving for the flow in the 
conduit. The dynamics of the flow in the conduit de- 
termine the pressure at the vent and therefore the 
density of the erupting material as given by (5). As a 
result, the mass eruption rate is sensitive to the dy- 
namics of the flow in the conduit, even though the 
sonic vent velocity is nearly independent of the details 
of the conduit flow [Woods and Bower, 1995]. 

In most models it is assumed that the mixture re- 

mains isothermal. This approximation is valid once the 
flow has become established, since the walls of the 
conduit are rapidly heated to the temperature of the 
mixture, and the timescale for conduction of heat 
away from the walls through the surrounding country 
rock is much longer than that of the flow. For example, 
after 100 s of eruption, the thermal boundary layer at 
the walls of the conduit has thickness dr of the order 
of (Kt) 1/2 -'• 0.01 m, where the thermal diffusivity 
10 -6 m 2 s-1. This leads to a heat flux through the walls 
of the conduit of the order of 

2•rRHpCpnAT/dr- 109-10 lø J s -1 (11) 

where the conduit radius R --- 10 m, the length H 
103 m, the specific heat Ct, --- 1000 J- • kg- • K- •, and 
the temperature difference AT < 1000 K. In contrast, 
the typical heat flux along the conduit associated with 
the magma is of the order of QCeT --- 10•2-10 •5 J s -•. 
Therefore the cooling from the conduit walls is negli- 
gible, and the mixture may be assumed to ascend 
adiabatically. Since the ratio of gas to solid in the 
conduit is very small, <3-5 wt. %, the cooling due to 
adiabatic expansion is small. We deduce that to lead- 
ing order the mixture may be assumed to be isothermal 
[Buresti and Casarosa, 1989]. 

Model Eruption Rates 
Figure 4a shows the result of a typical calculation in 

which the variation of the velocity, pressure, and void 
fraction is shown as a function of the height in the 
conduit. It is seen that the pressure decreases more 
rapidly than lithostatic pressure (Figure 4a) owing to 
the large viscous pressure loss, even though the mix- 
ture is less dense than the surrounding rock. As the 
magma exsolves volatiles, the velocity and viscosity 
increase, causing the pressure to decrease more rap- 
idly. Eventually, the void fraction reaches values in 
the range 70-80% and fragmentation occurs. The liq- 
uid films surrounding the gas bubbles fracture, and the 
continuous phase evolves from a bubbly liquid to an 
ash-laden gas. Above this point, the viscous stresses 
and hence the rate of pressure loss are rather less 
rapid. However, the mixture continues to inflate and 
accelerate, eventually erupting at the vent as an over- 
pressured, sonic jet. Figure 4b compares the viscous 
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the case in which the mixture is assumed to exsolve 

volatiles in equilibrium (equation (4)). It is seen that 
the void fraction only reaches values of the order of 
70-80% when the pressure has fallen to values of the 
order of 100-300 atm. 

Above the point of fragmentation, the gas becomes 
the continuous phase, and the frictional forces there- 
fore become much smaller. The effective viscosity of 
the mixture is significantly reduced, since it is much 
closer to the viscosity of the gas phase, and the flow 
becomes highly turbulent. We assume that the frag- 
ments are sufficiently small that the gas and solid move 
with the same speed. The friction coefficient may then 
be parameterized by the law for turbulent flow in a 
pipe [Wilson et al., 1980] 

pu 2 
f= 0.0025 (8) 

where r is the radius of the conduit. The friction 

factor, here taken as 0.0025, depends upon the rough- 
ness and geometry of the conduit walls and may in fact 
vary from 0.01 to 0.0001. It is interesting to note that 
above the fragmentation level, the loss of pressure in 
the mixture is mainly a result of the work done against 
gravity, rather than due to this turbulent friction, and 
so the details of the flow are somewhat insensitive to 

the precise value off; however, the parameterization 
of the viscous friction below the fragmentation surface 
has a much more significant impact upon the flow. 

In order to obtain numerical solutions for the erup- 
tion rate, boundary conditions in the magma chamber 
and at the volcanic vent are required. We assume that 
the flow initially issues from a magma chamber in 
which the pressure is in excess of lithostatic. Typical 
overpressures lie in the range 0-100 atm, depending 
upon the strength of the country rock [Tait et al., 
1989]. At the vent the flow has typically accelerated 
sufficiently that the compressibility of the mixture be- 
comes important, and the flow issues from the vent at 
pressures in excess of atmospheric with the speed of 
sound [Shapiro, 1954; Kieffer, 1977; Wilson et al., 
1980]. The equation governing the evolution of the 
pressure may be found by combining the equations for 
mass and momentum conservation, 

= -pg -f (9) 

2 dp/dp. Woods and Bower [1995] have where Uc = 
shown that under the simplification that the gas con- 
stant for the magmatic volatiles is independent of pres- 
sure and temperature, for vent pressures in the range 
10 atm < P < 100 atm, the sonic velocity of the 
material at the vent, U c, has the approximate form 

Uc • 0.97(noRT) 1/2 (10) 

for magmatic volatile contents greater than about 3 wt. 
%. This expression is independent of vent pressure 
and provides an accurate means of estimating the 
eruption velocity without solving for the flow in the 
conduit. The dynamics of the flow in the conduit de- 
termine the pressure at the vent and therefore the 
density of the erupting material as given by (5). As a 
result, the mass eruption rate is sensitive to the dy- 
namics of the flow in the conduit, even though the 
sonic vent velocity is nearly independent of the details 
of the conduit flow [Woods and Bower, 1995]. 

In most models it is assumed that the mixture re- 

mains isothermal. This approximation is valid once the 
flow has become established, since the walls of the 
conduit are rapidly heated to the temperature of the 
mixture, and the timescale for conduction of heat 
away from the walls through the surrounding country 
rock is much longer than that of the flow. For example, 
after 100 s of eruption, the thermal boundary layer at 
the walls of the conduit has thickness dr of the order 
of (Kt) 1/2 -'• 0.01 m, where the thermal diffusivity 
10 -6 m 2 s-1. This leads to a heat flux through the walls 
of the conduit of the order of 

2•rRHpCpnAT/dr- 109-10 lø J s -1 (11) 

where the conduit radius R --- 10 m, the length H 
103 m, the specific heat Ct, --- 1000 J- • kg- • K- •, and 
the temperature difference AT < 1000 K. In contrast, 
the typical heat flux along the conduit associated with 
the magma is of the order of QCeT --- 10•2-10 •5 J s -•. 
Therefore the cooling from the conduit walls is negli- 
gible, and the mixture may be assumed to ascend 
adiabatically. Since the ratio of gas to solid in the 
conduit is very small, <3-5 wt. %, the cooling due to 
adiabatic expansion is small. We deduce that to lead- 
ing order the mixture may be assumed to be isothermal 
[Buresti and Casarosa, 1989]. 

Model Eruption Rates 
Figure 4a shows the result of a typical calculation in 

which the variation of the velocity, pressure, and void 
fraction is shown as a function of the height in the 
conduit. It is seen that the pressure decreases more 
rapidly than lithostatic pressure (Figure 4a) owing to 
the large viscous pressure loss, even though the mix- 
ture is less dense than the surrounding rock. As the 
magma exsolves volatiles, the velocity and viscosity 
increase, causing the pressure to decrease more rap- 
idly. Eventually, the void fraction reaches values in 
the range 70-80% and fragmentation occurs. The liq- 
uid films surrounding the gas bubbles fracture, and the 
continuous phase evolves from a bubbly liquid to an 
ash-laden gas. Above this point, the viscous stresses 
and hence the rate of pressure loss are rather less 
rapid. However, the mixture continues to inflate and 
accelerate, eventually erupting at the vent as an over- 
pressured, sonic jet. Figure 4b compares the viscous 
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turbulent ash flow that propagated 4-5 km from the 
volcano before it lifted off the ground and rose 12 km 
into the atmosphere [Woods and Kienle, 1994]. 

The mechanism by which ash is erupted and the 
controls upon whether an ash flow or a convecting 
eruption column form are very complex. The source 
conditions for the eruption column have a major im- 
pact on the column stability, and these are influenced 
by the magma chemistry, the conduit size and length, 
and the geometry of the vent and crater at the top of 
the volcano [Carey and $igurdsson, 1989; Woods and 
Bower, 1995]. In addition, the presence of surface 
water in a crater lake or in the sea or the presence of 
moisture in the atmosphere can also have an important 
influence upon the ash dynamics following eruption 
from the vent. Many magma chambers that supply 
magma producing explosive eruptions are vertically 
stratified in volatile content. Dunbar and Hervig 
[1992a, b] have shown that the volatile content in the 
magma supplying the eruption of the Bishop Tuff de- 
creased from values as high as 6 wt. % to less than 1 
wt. % as the eruption progressed, while that from the 
lower Bandelier Tuff decreased from about 4-5 to 3-4 

wt. %. Dunbar and Hervig noted that these changes in 
volatile content possibly contributed to the change in 
eruption style from a Plinian column to a dense ash 
flow but also argued that other factors such as the 
crater and vent geometry exerted important controls 
upon the evolution of the eruption dynamics. 

In this review we attempt to present a coherent 
picture of the processes which are involved in the 
production of volcanic ash from liquid magma and the 
subsequent eruption and injection of this ash high into 
the atmosphere. The present paper draws from many 
articles concerned with modeling the ascent of magma 
in volcanic conduits as well as models of the subse- 

quent injection of ash into the atmosphere. However, 
a number of the results herein are original and provide 
a more complete picture of the different processes in 
operation. 

The paper is organized in five main sections, based 
upon the different parts of an erupting volcano shown 
in Figure 1. Section 2 is concerned with flow in volca- 
nic conduits and describes how magma can attain the 
very high eruption rates often recorded in explosive 
eruptions, as well as discussing mechanisms by which 
liquid magma is converted into a fragmented-ash-laden 
gas. Section 3 is concerned with the decompression of 
a high-speed, high-pressure jet issuing from a volcanic 
vent and subsequently feeding a volcanic eruption 
column. Section 4 is concerned with the dynamics of 
an eruption column, focusing upon the critical condi- 
tions under which a buoyant plume may develop and 
describing the extra complications associated with 
thermal disequilibrium, surface water, and atmo- 
spheric moisture. In section 5 we describe the dynam- 
ics of column collapse, and the ensuing hot ash flows, 
illustrating how ash flows may become buoyant 
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Figure 1. Processes involved in an explosive eruption. 

through the entrainment of air and sedimentation of 
hot particles and including new results on run-out 
lengths and deposition patterns of ash flows. This 
leads to a discussion of coignimbrite eruption col- 
umns, which often develop in massive eruptions or 
following erosion of a crater. We include a brief sec- 
tion on the fallout of ash from eruption columns. In the 
discussion section we draw some conclusions and sug- 
gest a number of future avenues for research into 
explosive volcanism. 

2. MAGMA ASCENT FROM A HIGH-PRESSURE 

CHAMBER TO A VOLCANIC VENT 

Volcanic eruptions are believed to occur when a 
conduit opens up from a crustal magma reservoir to 
the surface. The conduit may open as a result of 
tectonic conditions and, in particular, the stress in the 
surrounding host rock. Alternatively, the Conduit may 
open in response to a buildup of pressure in the magma 
chamber. There are two important mechanisms by 
which the magma chamber pressure may increase. In 
an open reservoir the injection of fresh magma from 
deeper in the crust builds up the pressure and may 
trigger an eruption. However, even in a closed cham- 
ber, cooling of the magma may also lead to pressure 
increase and an eruption. This latter mechanism is 
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An alternative evolution:  
escape of gas phase 

low crystal volume fraction, and small differences in melt
composition.

Effects of connectivity

In a volcanic conduit, the creation of an open network
would allow gas to escape from the magma. The ensuing
diminution of porosity would reduce flow acceleration
and possibly lead to effusive eruption (Eichelberger et al.
1986; Jaupart and Allegre 1991). On the other hand, the
high porosities needed for fragmentation may only be
reached if bubble connection is incomplete. Thus, it
seems that fast decompression rates are required for ex-
plosive eruption (see sections Open degassing runs and
Connectivity). We therefore used the conjunction of our
model and the experimental results on connectivity to
assess the transition between effusive and explosive re-
gimes.

We performed numerical runs varying only the initial
ascent speed of magma (Fig. 12), and superimposed the
results of the connectivity experiments. From the open
degassing experiments, we consider that connectivity is
rate-independent, begins at 32 MPa (43 vol% porosity in
equilibrium), and is complete after 180 s. We set the
fragmentation porosity to 64 vol% to begin with, because
it matches the vesicularity of most pumice (Gardner et al.
1996). Thus, if the magma reaches 64 vol% porosity more
than 180 s after reaching 43 vol%, then it erupts effu-
sively.

We find that the critical ascent rate is modest,
0.35 m s!1, which corresponds to a mass flux of
2.4"105 kg s!1 for a 20-m diameter conduit (2,154 kg m!3,
water-saturated magma at 825#C and 150 MPa), and that
only runs below 0.30 m s!1 occur completely in the
equilibrium-degassing regime. At those conditions, a
variation of 0.1 m s!1 reduces or expands the time allowed
for complete connection by about one minute, with a
roughly linear dependence between initial ascent rate and
connectivity completion. Although we set the fragmenta-
tion porosity to 64 vol%, raising it to the values suggested
by the strain-rate criterion, the bubble overpressure crite-
rion, or commonly used values (67–80 vol%: Sparks 1978;
75 vol%: Mastin and Ghiorso 2000) would only increase
slightly the critical magma ascent rate, but does not
change this linear dependence. Thus, the dependence be-
tween ascent rate and connectivity suggests that the tran-
sition from effusive to explosive regime is very sensitive
to initial ascent rate, regardless of the exact formulation of
fragmentation.

Because our model does not allow the gas to escape
from the magma, the numerical runs are minimum esti-

mates of ascent speeds for open degassing systems. The
effect of connectivity, however, can be assessed with an
open-system conduit flow where the gas can flow within
bubble chains (Yoshida and Koyaguchi 1999). After ad-
justing the parameters of the model [Eq. (37) in Yoshida
and Koyaguchi 1999] to match our values of porosity and
pressure at the onset of connectivity, the pressure reached
at fragmentation porosity (64 vol%) if the gas escapes
from the bubbles is 6 MPa instead of 17 MPa. The magma
takes about 100 s more to reach this former pressure. The
linear relationship between ascent rate and connectivity
indicates that our closed-degassing model underestimates
the critical ascent rate by 0.2 m s!1 (–57%). Therefore, the
value of the critical ascent rate highly depends on the
exact influence of permeability on flow dynamics. This
limitation, however, does not affect our conclusions re-
garding the sensitivity to initial conditions displayed by
the transition between explosive and effusive regimes.

Table 3 Empirical constants used to assess disequilibrium degassing

Az R2 a1 b1 R2 a2 b2 R2

This study -5.3"10!6 0.73 0.256 1.567 0.95 2.36"10!11 6.46"10!10 0.99
This study & Gardner et al. (2000) -6.8"10!6 0.98 0.258 1.549 0.75 n.a. n.a. n.a.

Fig. 12 The effect of magma initial ascent rate on the transition
between effusive and explosive eruption. Values of the x-axis
correspond to the time since the beginning of magma ascent,
whereas the y-axis is the magma pressure. Labels next to each curve
give the initial ascent rate of the magma, so that each curve gives
the pressure of a batch of magma as a function of elapsed time since
its release from depth at that initial ascent rate. Bubble connectivity
occurs at 43 vol% porosity (32 MPa in equilibrium degassing) and
is complete after 180 s. Completion of connectivity before 64 vol%
porosity allows the gas to escape from the magma and leads to an
effusive eruption, whereas incomplete connectivity at 64 vol%
porosity leads to magma fragmentation because gas remains in the
melt. Note that a small change in the initial ascent rate (i.e. mass
flux because of the steady state condition) controls the effusive/
explosive transition. Initial conditions for all curves are:
P0=150 MPa, rl=2,154 kg m!3, T=825#C, and R=10 m
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to deform during growth, creating a planar film of liquid
between them (Fig. 10). The second phase occurs when
the thinning film between the bubbles fails. Our smallest
measured film thickness is on the order of 1 mm (G303),
which suggests that the film disrupts when it reaches
a thickness less than 1 mm (Klug and Cashman 1996;
Navon and Lyakhovsky 1998). The coalesced bubbles
present a deformed shape with low curvature surface. We
did not observe the relaxation of coalesced bubbles to
spherical shape, most likely because the time needed for
such relaxation is on the order of hours at the viscosities
considered herein (our calculations follow Toramaru
1995).

Discussion

Regimes of bubble growth

The complexity of bubble growth in reaction to a sudden
pressure drop is well established (e.g., Proussevitch and
Sahagian 1998). Growth caused by a constant decom-
pression rate, however, can be approximated from our
experiments by two simple disequilibrium regimes (slow
and fast growth rates, Fig. 5). This suggests that one of the
main variables (sample volume, melt viscosity, bubble
time delay, super-saturation, and porosity) controls the
system at a given time. Decompression causes a volu-
metric expansion of the sample within the gold capsule,
which squeezes the melt into the headspace of the capsule
(Figs. 1 and 2). We attribute the elongated bubbles present
in the upper part of the samples to the shear accompanying
this extrusion. Because the effect of the shear is confined
to a small region of the samples (<25 vol%), we conclude
that the sample expansion does not influence the average
bubble growth. We estimate the melt viscosities in our
experiments to range between 5.9!104 Pa s at 100 MPa
and 1.5!106 Pa s at 30 MPa (at 825"C under water satu-
ration, Hess and Dingwell 1996), which are well below the

values that affect bubble growth (~108–9 Pa s, Gardner et
al. 2000). Our data provide an indirect measure of the
amount of water super-saturation, because super-saturation
increases with the difference between the equilibrium
porosity and the sample porosity (Da, Fig. 6). In the slow
growth rate regime, super-saturation (!Da) increases lin-
early with decreasing pressure regardless of decompres-
sion rate (Fig. 5). We note that Gardner et al. (1999) also
observed this linearity, and we used it to infer values of
Dacr for the 1 and 10 MPa s#1 rates. Above the critical
value (acr), however, bubble growth accelerates and
switches from slow to fast growth regime, quickly be-
coming faster than the equilibrium rate. This behavior is
consistent with the well-known relationship between su-
per-saturation and growth: growth is strongly driven by the
amount of excess water, because the rate of water diffu-
sion into the bubble increases with the concentration
gradient between the melt and the bubble (Sparks 1978;
Proussevitch and Sahagian 1998).

Is super-saturation the main process controlling the
occurrences of the two disequilibrium regimes? We stress
that the critical porosity observed in our experiments is a
proxy for the level of super-saturation away from the
bubbles because the critical value (acr) results from the
integration of all the processes at play during growth. With
this simplification in mind, we note two situations where
the far-field super-saturation alone cannot explain our
data. First, the fastest decompression rate (10 MPa s#1) has
a critical value much larger than the other rates, whereas
acr should not depend on decompression rate (Fig. 6). We
note that the time to reach the critical value is only 4 s for
the 10 MPa s#1 rate and more than 40 s for the other rates.
Bubble time delay, which is a very slow initial growth rate
due to unfavorable transport properties of the melt next to
the bubble walls, may play a role at large decompression
rates. Proussevitch and Sahagian (1998) calculated the
bubble time delay for a rhyolitic melt instantly decom-
pressed from 100 MPa to be ~2 s. Our fast rate approxi-
mates the instantaneous decompression simulated by
Proussevitch and Sahagian (1998), which suggests that the
bubble time delay affected the 10 MPa s#1 run because of
its short duration. Second, super-saturation alone cannot
force Da to vanish at high porosities, thus re-equilibrating
melt and bubbles. We suggest this re-equilibration occurs
because the spaces between bubbles are reduced at high
porosities. In other words, the shell defined by the super-
saturation gradient around a given bubble starts to interact
with its neighbors, thereby canceling the gradients, as il-
lustrated in the model by Proussevitch et al. (1993a). The
influence of porosity is therefore confined to the latest
stages of the decompression (at low pressure and high
porosity), when there is competition between the large
decompression rate, which forces disequilibrium degas-
sing, and small bubble spacing, which reduces the length
over which water must diffuse.

Fig. 10 Typical bubble pair shortly before coalescence. Note the
planar shape of the thin separation wall between the bubbles (G303,
Table 2)
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Fig. 5A–I Sketch showing the typical distribution of the main
vent lithologies, with some photographs for detailed illustration.
A Veins cross from rhyolite marginal breccia into country rock
(andesite in photo). Geological hammer (60 cm long) for scale.
Close-up photograph (pen for scale) shows internal cross lamina-
tions in vein close to rhyolite contact. B Pyroclastic breccia occurs
between the country rock and rhyolite autobreccia (no photo).
C Vitrophyre breccia becomes more welded toward intrusion cen-
tre. Photograph shows facies intermediate between unwelded and
welded breccia. Lens cap is 5 cm across. D Dense, flow-banded
vitrophyre surrounds the interior rhyolite (no photo). E Spheru-
litic marginal zone with glassy matrix containing rare vesicles.
Most spherulites cut across flow banding (no photo). F Vesicular
devitrified rhyolite with thin (~1 mm) flow banding. Photograph
is a sawn sample taken 7 m from the northern contact at an eleva-
tion of 1600 m. View (ca. 1 cm across) of an originally horizontal
plane for which the vent centre is to the “south”. Dark-grey ob-
jects marked with ! are phenocrysts and the light material is
cryptocrystalline groundmass. Two types of vesicles are visible,
both ~0.5 mm in diameter: open, shadowed holes are unfilled;
dark- to light-grey blobs (same shades as phenocrysts) are filled.
Many vesicles are elongated normal to the section (not visible).
Some vesicles are nearly circular and others lensoidal in cross sec-
tion, and many overlap. They are roughly arranged in trains (ar-
rows), giving the rock a banded fabric. In this view the trains do
not wrap rotationally around phenocrysts but overlay them, simi-
lar to flattening textures in welded pyroclastic rocks. G Coarsely

flow-banded devitrified rhyolite with variable vesicularity. Photo-
graph is a dense band (ca. 1 cm across) in a sawn sample from
approximately 40 m from the northern rhyolite contact at an ele-
vation of 1600 m. View of an originally horizontal plane. Pheno-
crysts are marked with !, the light material is the groundmass
and the dark grey lensoidal shapes (arrows) are flattened, over-
lapping and filled vesicles. The vesicles do not form trains, but are
scattered throughout the band. Such bands alternate with low-
density bands rich in rounded, unfilled vesicles. H Tuffisite veins
within rhyolite, generally following flow banding. Photographs
(ca. 1.5 cm across) show sawn sample (top) and thin section (bot-
tom, plane-polarized light). The vein (top, dark; bottom, light;
marked with V) contains rag-like clasts of cryptocrystalline rhyol-
ite (top, light; bottom, dark) and angular phenocryst fragments in
a fine-grained clastic matrix. Vein branches propagate along flow
banding with pinch-and-swell form. Vein margins have lobate
(non-planar) forms. Rhyolite is marked with R, enclosed pheno-
crysts with ! and a filled vesicle in the rhyolite with an arrow.
I Poorly flow-banded rhyolite of vent centre with irregular to
rounded bubbles. Photograph (ca. 1 cm across) of a sawn sample
in which the cryptocrystalline rhyolite matrix is lightest in shade,
phenocrysts are marked with ! and filled vesicles are just dis-
cernable as circular blobs (arrow) slightly darker than the matrix.
Unfilled vesicles are obvious as darkly shadowed rounded voids,
some lined with quartz. The devitrification texture is sufficiently
fine-grained so that bubbles and bubble walls less than 0.1 mm
across are preserved

https://youtu.be/3foeTjsFesY

Stasiuk et al, 1996
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Fig. 2. Simple diagram showing the various eruption regimes in 
(w, or) space. The eruption paths  are constrained to lie on 
curves w ( 1 -  a ) =  const., i.e. parallel hyperbolae. Without  gas 
loss to the conduit walls, for given volatile contents, the gas 
volume fraction at the vent depends solely on the exit pressure. 
Thus,  all eruption paths  end at the same a value. Changes of 
eruption regime require variations of initial volatile concentra- 

tions. 
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Fig. 3. Diagram used to derive the variation of the mass  of gas 
in an eruption conduit, q denotes the flux of gas through the 

permeable wall rocks. 

a few percent [26,27], leading to gas volume frac- 
tions larger than 0.98. In the (w, a) space, all 
eruption paths are parallel hyperbolae depending 
only on the eruption rate (Fig. 2). Each path goes 
from an initial gas volume fraction which is prob- 
ably small [28] to a much larger final one given by 
equation (2). If no gas loss occurs, differences in 
exit conditions can be due only to differences of 
volatile concentrations. In this framework, no sys- 
tematic relationship between gas content and 
eruption rate is expected. 

Consider now that gas loss occurs through the 
conduit walls with mass flux q. Mass conservation 
for the gas molecules reads (Fig. 3): 

¢ra2{ ~--T(OgWet)+ ~--~[xp](l--ot)w]}= --27raq 
(5) 

where allowance has been made for both dissolved 
and exsolved gas. Velocity w varies during ascent 
and it is better to obtain an equation for the gas 
content which does not depend explicitly on it. 
Using (la), we find: 

da  ( l _ c t ) 2 O l [  d P {  ct dog d x }  
dz ~ - ~  p , ( l  Z-ct) d ~  + d f f  

Gi a (6) 

Thus, pressure release and gas loss act to change 
the gas volume fraction with opposite effects. The 
essential result is that the fraction of gas lost is 
inversely proportional to the eruption rate because 
the flow of gas occurs at a given rate through 
immobile country rock whilst magma rises. 

The general behaviour predicted by equation 
(6) is that the gas volume fraction decreases as 
mass flux increases: this defines a limit curve for 
the eruption paths (Fig. 4). Using the fragmenta- 
tion threshold given above, two domains can be 
defined: a non-explosive domain characterized by 
low mass flux, and an explosive one with high 
mass flux (Fig. 4). Silicic eruptions sometimes 
exhibit another regime transition, starting with ash 
falls and switching to pyroclastic flows [e.g. 29]. 
Assuming that the conduit radius does not change, 
theoretical analysis shows that, above certain 
threshold values of mass flux and gas content, an 
eruption column evolves into a buoyant plume, as 

mass flux of liquid (along z)

gas loss (through conduit walls)
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volume fractions in excess of 0.75 [22], the 
gas/liquid mixture fragments, leading to the 
turbulent flow of a gas jet carrying lava clots. This 
occurs in the uppermost parts of the conduit. 
Below the fragmentation level, flow is in the 
laminar regime, and momentum conservation is 
expressed as: 

dw d P  w 
taW-clz d z  t a g -  8 / ~ 5  (11) 

Above the fragmentation threshold (ct = 0.75), the 
friction term is modified to account for turbulent 
conditions [see 22]. Using (1), (6) and (11), we 
obtain: 

d" / dxl} 
dz 1 - -~-g -~ff + ~--ff 

w 2q G1 = tag + 8l't a 2 taga (12) 

The right-hand side of this equation shows two 
familiar terms contributing to the pressure gradi- 
ent: the mixture weight and friction. The third 
term corresponds to an increase of vertical 
momentum due to the loss of gas. In this problem, 
this term is negligible. 

3.4. The combined effects of  the variables 
This problem has a large number of parame- 

ters, and it is impractical to discuss all of them 
independently. The most important phenomenon 
is the interplay between gas loss and eruption rate 
described by equation (6) for the gas volume frac- 
tion. We take the following scales for the variab- 
les: 

a 4 AP - Pe 
mass flux :tal /~ H 

pressure scale for the rate of gas loss: AP 
vertical pressure gradient scale: tang 

Using these scales, equation (6) yields a non-di- 
mensional number C characterizing the ratio be- 
tween the terms describing gas loss and pressure 
release: 

C = k lxH 2 A p  
a 3 AP - Pe (13) 

This summarizes the interplay of the different 
variables. The effect of pressure is subtle: for 
small values of the exit pressure, C depends weakly 

on the overpressure AP. This illustrates the fact 
that increasing AP acts to increase both the erup- 
tion rate and the pressure contrast between con- 
duit and country rock. Increasing the conduit 
radius leads to a higher eruption rate, because 
friction is reduced, but also to a larger area for 
outward gas flow. The former effect is dominant, 
and hence a larger conduit size implies a propor- 
tionally smaller amount of gas lost. The effects of 
the other variables are quite obvious. 

Another dimensionless number appears in the 
left-hand side of the momentum equation (12): 

1 tag O d f f  + d--P (14) 

If this number reaches the value of 1, the pressure 
equation becomes singular. This is the "choking" 
condition which is discussed at length for volcano- 
logical applications in [22] and [23]. Choking con- 
ditions are approached only after fragmentation 
has occurred. 

4. Analysis  of  the governing equations 

4.1. Parameter values 
To obtain a solution, three equations must be 

specified: the equation of state for the gas phase, 
the solubility law and the viscosity of the rising 
mixture. For the first two, we keep equations (3) 
and (4). For viscosity, two effects must be taken 
into account. One is the presence of bubbles. A 
suitable expression for the viscosity of vesicular 
liquids is [44]: 

/~ = # i (1  - et) - ' / z  (15a) 

where/~1 is the liquid viscosity. As shown in Fig. 
5, this expression predicts very large viscosity in- 
creases for volume fractions in excess of 0.7, i.e. 
close to the fragmentation threshold. The other 
effect is that of dissolved volatiles on the viscosity 
of silicate melts [46]. We take an approximate 
equation of the form: 

/ti =/~i exp( - [ x  - x, l f l )  (15b) 

where x i is the mass fraction at the initial pressure 
P,, x the mass fraction at pressure P. B is some 
coefficient which can be determined from availab- 
le data [46]. For partially crystallized magma, the 
effect of dissolved volatiles only acts on the liquid 
part and hence coefficient/3 takes a smaller value. 
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If this number reaches the value of 1, the pressure 
equation becomes singular. This is the "choking" 
condition which is discussed at length for volcano- 
logical applications in [22] and [23]. Choking con- 
ditions are approached only after fragmentation 
has occurred. 

4. Analysis  of  the governing equations 
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To obtain a solution, three equations must be 

specified: the equation of state for the gas phase, 
the solubility law and the viscosity of the rising 
mixture. For the first two, we keep equations (3) 
and (4). For viscosity, two effects must be taken 
into account. One is the presence of bubbles. A 
suitable expression for the viscosity of vesicular 
liquids is [44]: 

/~ = # i (1  - et) - ' / z  (15a) 

where/~1 is the liquid viscosity. As shown in Fig. 
5, this expression predicts very large viscosity in- 
creases for volume fractions in excess of 0.7, i.e. 
close to the fragmentation threshold. The other 
effect is that of dissolved volatiles on the viscosity 
of silicate melts [46]. We take an approximate 
equation of the form: 

/ti =/~i exp( - [ x  - x, l f l )  (15b) 

where x i is the mass fraction at the initial pressure 
P,, x the mass fraction at pressure P. B is some 
coefficient which can be determined from availab- 
le data [46]. For partially crystallized magma, the 
effect of dissolved volatiles only acts on the liquid 
part and hence coefficient/3 takes a smaller value. 
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injected in the conduit center, the saddle-shaped 
void profile is due to bubble migration towards 
the walls [34,37]. This phenomenon is most likely 
due to inertial effects present even at low Rey- 
nolds number  [38]. At higher gas content, the 
profile changes to one where the void fraction is 
maximum at the conduit center and zero at the 
walls [35,36]. The limiting case is that of a flowing 
foam which, at high gas volume fraction (in excess 
of 90%), exhibits the phenomenon of "slip at the 
wall" where flow is lubricated by a continuous 
liquid layer [39]. The change of void profile may 
be due to shear-induced migration, which results 
from part icle-part icle interactions at large con- 
centration [40]. 

With respect to the experiments with smooth 
tubes just described, the volcanic case involves 
two additional factors. One is that the walls of 
volcanic conduits are certainly rough, which is 
likely to promote bubble contact with the walls. 
The other factor is that, once started, gas loss acts 
to change the profile of void fraction. 

Another  aspect of the problem is that only the 
gas phase is lost. Field evidence demonstrates that 
this occurs, but the mechanism is not obvious. In 
some cases, conduit walls show up as brecciated 
border zones with fractures filled with volcanic 
ash and fragmented material [32]. Magma cannot 
perfectly wet intricate and rough channels, which 
is known to promote  the separation of the vapor 
phase [41]. In other cases, a thin glass layer is 
observed around the conduit [1], but it is not clear 
whether this layer is continuous and whether it 
forms during the initial or the waning stages of 
activity [6]. Obviously, a specific study is needed 
to determine the nature of the boundary between 
rising magma and country rock and the boundary 
conditions which must be applied to the flow. 

At this stage, we reach the conclusion that a 
complete solution requires elaborate modelling of 
several processes which are far from being under- 
stood. We therefore proceed with an approximate 
analysis in which quantities are horizontal aver- 
ages across the conduit and conservation equa- 
tions are satisfied in integral form, leaving out the 
finer details which cannot be specified reliably. 
Thus, at depth z, the rising mixture is taken to be 
at an average pressure P which is higher than the 
pressure Pj in undisturbed country rock far from 
the conduit and to carry on average a volume 

fraction a of gas bubbles. Following Darcy 's  law, 
q, the mass flux of gas through the conduit walls, 
is equal to: 

OP 
g ~ F  r=a (7) q = - pga / . tZ  

where K is permeability, #g the gs viscosity and 
3P/Or  the radial pressure gradient in country 
rock. q is proportional to the gas volume fraction 
a, in order to account for the fact that only a 
fraction of the conduit wall is in contact with the 
gas phase. If  a is zero, the rising mixture contains 
no gas and cannot lose any. As discussed in Ap- 
pendix A, we may write: 

OP ,=~ P - Pl (8a) 
-87r L 

where P -  PI is the pressure difference between 
conduit and far field, and L a characteristic dis- 
tance. Using (7) and (8a), the gas flux is expressed 
a s :  

q = p g a k ( e  - PI)  (8b) 

where k is some "effective" permeabili ty coeffi- 
cient. For our present purposes, it is sufficient to 
take k as constant with some appropriate  value to 
be discussed in section 4.1. An important  point is 
that the value of the pressure contrast  ( P  - PI) is 
not assumed but is to be calculated from the 
governing equations. 

3,3. The f low dynamics 
We again use the homogeneous approximation 

where both liquid and gas have the same velocity 
and consider a 1-D model consistent with the 
previous analysis. This type of model has found 
applications in many  different fields [42,43] and is 
well suited to the goal of comparing the effects of 
different processes. The mixture density is: 

p = p,(1 - a )  + pga = pl(1 - a )  (9) 

The dynamical regime depends on the Reynolds 
number  given by: 

Re = Ow_._RR G* 
# = rrR/z (10) 

where /~ is the mixture viscosity. Using typical 
values for the parameters (R = 10 m, /L >~ 1 0  6 Pa 
s, G* ~< 108 kg/s) ,  Re is smaller than the critical 
value of 2000 for the onset of turbulence. At gas 

Jaupart & Allègre, 1991
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Fig. 8. Vertical velocity as a function of height in the conduit 
for several values of the effective permeability coefficient k, 
for a given initial velocity. Other parameters are as in Fig. 6. 
At low permeability, the effects of gas loss are negligible 
leading to a rapid velocity increase. At high permeability, the 
effects of gas loss are important and velocity varies much less. 
The transition between the gas-poor and gas-rich eruption 

regimes is indicated by a dashed line. 

pressure Pe at z = H is not  equal to the a tmo- 
spheric pressure and  varies according to the height 
of the overlying dome. The mass flux is ob ta ined  

directly from the m o m e n t u m  equat ion  (11): 

•tra 4 A p  -- Pe 
Go* = P 8t t H (18) 

Thus,  as the dome grows and  the exit pressure 
increases (Fig. 9), the mass flux decreases, as 
shown dur ing  the 1979 St. Vincent  erupt ion [9]. 

W h e n  a gas phase is present,  the relat ionship 
between mass flux and  pressure is different be- 
cause the mixture  densi ty  and  viscosity change. 
Dens i ty  decreases, cont r ibu t ing  a buoyancy  term. 
We compare  the mass flux G* calculated in this 
case to the mass flux Go* calculated with the 
cons tan t  proper ty  model  in the same pressure 
condi t ions  with viscosity fixed at the init ial  value. 
Figure  10 shows the dimensionless  mass flux 
G*/Go* as a funct ion  of overpressure A p  for an 
exit pressure Pe equal to one atmosphere.  This 

Pe=Pa + p g e  

Fig. 9. Illustration of pressures in a volcanic system: lava rises 
from a chamber where pressure is higher than the surroundings 
by Ap, to a vent where the exit pressure is given by the weight 

of the overlying lava dome. 

dimensionless  mass flux is less than  1 because of 
the viscosity increase which accompanies  degas- 
sing. It is no t  constant ,  which shows that  e rupt ion  
condi t ions  are more sensitive to pressure than  in 

the cons tant  viscosity case. 

4.4. The time-evolution of eruption conditions 
To bui ld  a model  for the t ime evolut ion of 

e rupt ion  condit ions,  three basic principles apply. 
One  is that the chamber  is overpressured,  as shown 
by swelling of the edifice (for a discussion of how 
this may arise, see [28]). The second pr inciple  is 
that the overpressure decreases because  the cham- 
ber empties. We give in Append ix  B an  analysis  of 
the 1902 Montagne  Pelre e rupt ion  which allows 
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Fig. 10. Relationship between eruption mass flux and chamber 
overpressure. The mass flux is made dimensionless with respect 
to that for the constant property model with the same initial 

viscosity value (10 s Pa s in this example). 
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Fig. 4. Same as Fig. 2, with gas loss to the conduit walls: the 
gas volume fraction at the vent increases as a function of mass 
flux (initial velocity). This relationship is represented schemati- 
cally by the dashed curve. Three domains can be defined, 
separated by thick lines. The fragmentation threshold separates 
the domains of dome formation and explosive activity. In the 
explosive domain, there is an additional subdivision between 
the ash fall and pyroclastic flow regimes, the latter being less 
energetic with lower gas contents (assuming constant conduit 

size). 

in the Plinian regime [30,31]. Below this threshold, 
the column collapses and generates pyroclastic 
flows. This transit ion may  also manifest itself by  a 
simultaneous decrease of  eruption rate and gas 
content.  Thus, one may subdivide the explosive 
domain  of Fig. 4 with the ash fall regime belong- 
ing to its upper  range. The basic feature of the 
model  is that, as an eruption proceeds at a de- 
creasing rate, there should be a transition to dome 
formation.  

To proceed further, two additional equations 
are needed: one for the flux of  gas through the 
condui t  walls and the other for the conservat ion of  

m o m e n t u m  which leads to an equat ion for pres- 
sure in the conduit .  

3.2. Gas loss to the country rock 
For  gas loss to occur, pathways for flow out  of 

the conduit  and a driving pressure difference must  
be available. These requirements are obviously 
met. The walls of volcanic conduits  are penetra- 
tively fractured, as shown by direct observat ion in 
boreholes [32] and by the very existence of 
fumaroles. Evidence that magma  is at higher pres- 
sure than the surroundings includes radial dikes 
emanat ing f rom some eruption conduits  and frac- 
tures which have been found a round  the feeder of  
one of the Inyo  domes [32]. The c o m m o n  tumes- 
cence of volcanic edifices before eruptions shows 
that magma is overpressured at least when it starts 
rising. 

Vapor  must  be t ranspor ted to the walls. 
According to Eichelberger et al. [1], this is achieved 
when magma  is a permeable  foam. The gas flux 
then depends on the horizontal  pressure drop 
across the conduit .  Eichelberger et al. [1] assume a 
value of 100 bar  to obtain rates of  gas loss which 
offset the effects of exsolution and expansion. 
Such a large pressure variat ion seems unlikely 
across a foam, which is a compressible medium. 
Further,  it may  imply a variat ion of gas volume 
fraction which is not  stable against fragmentat ion.  
The value of  the horizontal  pressure variat ion 
should not  be assumed and must  be an output  of 
the model  as it is determined by the magni tude  of 
the horizontal  flux at the walls. In such a model,  
an impor tant  equation is the boundary  condi t ion 
stating that the flow rate out  of the magma  is 
equal to the flow rate through count ry  rock. Also 
needed is an equat ion specifying the profile of  gas 
volume fraction, which is difficult to obtain  as we 
show now in a brief review. 

N o  theoretical f ramework is available to pre- 
dict the profile of void fraction in upward  bubbly  
flows [e.g. 33]. Labora to ry  studies reveal surpris- 
ing features. At  low void fraction (less than 20%), 
in laminar and moderately  turbulent  regimes, the 
void fraction is largest at the wall, resulting in 
"saddle-shaped"  void profiles [34-37]. The maxi- 
m u m  concentra t ion is in fact found at a distance 
f rom the wall close to one bubble  radius [34], so 
that some bubbles are in contact  with the wall. As 
demonst ra ted  by experiments where bubbles  are 
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regimes can be  ident i f ied.  A t  low erupt ion  rate  
( low ini t ial  velocity),  the exsolved gas is lost  to the 
coun t ry  rocks and  hence veloci ty  increases  by  
small  amounts .  A t  high e rup t ion  rate  (high ini t ial  
velocity),  l i t t le  t ime is avai lable  for gas flow out  of 
the magma,  imply ing  tha t  the veloci ty  increases.  
A t  shal lower  depths ,  the gas volume fract ion star ts  
increas ing again,  due  to the large amount s  of 
exsolu t ion  at  low pressures.  These  e rup t ion  pa ths  
are complex  and  show a range of  behaviour .  

The  exit vesicular i ty  decreases  as the e rup t ion  
ra te  decreases,  as expected  (Fig.  7). The  coupl ing  
be tween  veloci ty and  gas vo lume fract ion is strong, 
because  the mixture  viscosi ty and  dens i ty  d e p e n d  
on the gas content .  However ,  the viscosi ty law 
chosen is not  essential  to the results.  W e  com pare  
in Fig. 7 results  ob ta ined  using var ious  viscosi ty 
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Fig. 6. Vertical velocity versus height in the conduit for several 
values of the eruption rate (proportional to the initial velocity 
value). The calculations are for an initial lava viscosity of 10 s 
Pa s and take into account the effect of suspended bubbles on 
the mixture viscosity. The other parameters take the following 
values: k=10 -1°, Ap ~ 0. For low eruption rate, the rising 
lava loses gas through the conduit walls, implying little velocity 
variation. At high velocity, the rising lava loses little gas and 
hence accelerates. The transition between the gas-poor and 
gas-rich eruption paths occurs as a bifurcation, and is marked 
by a dashed line starting at an initial vdocity close to 3 × 10 -4 

m / / s .  

~ sc°s~t~ 
L_ 

f bu-bbles 

A 1 0 :  

D1 

X 

--I 
U. 

,~ 101 

E f f e c t s  o f  bubbles  
d isso lved  vo la t l i e$ '  a~rTd 

l O  ~ I I 1 I 
0 . 1  0 . 5  1 . 0  

GAS VOLUME FRACTION (%) 

Fig. 7. Relationship between eruption rate and lava vcsicularity 
at the vent for the same parameters as in Fig. 6. Three curves 
illustrate the role of the viscosity law selected, for the same 
initial viscosity of 10 8 Pa s. The results all exhibit the same 
rapid variation of vesicularity at high mass flux, which shows 
that the behaviour of the solution does not depend critically on 

the viscosity law. 

laws: cons tant ,  vary ing  as a func t ion  of  void  frac- 
t ion only (equat ion  15a), and  as a funct ion  of  the 
concen t ra t ion  of  d issolved volat i les  ( equa t ion  15b). 
These  as sumpt ions  affect  the evolu t ion  of  pres-  
sure, bu t  do  not  suppress  the r ap id  va r ia t ion  of 
vesicular i ty  as the mass  f lux is increased.  

F o r  given s ta r t ing  condi t ions ,  gas loss becomes  
s ignif icant  above  a cr i t ical  pe rm e a b i l i t y  va lue  (Fig.  

8). 

4.3. The mass f lux o f  an eruption 
W e  have so far  var ied  the mass  flux arbi t rar i ly .  

In  reali ty,  the mass  f lux is de t e rmin e d  as a func- 
t ion of  the pressure  d i f ference  be tween  c h a m b e r  
and  vent.  Cons ide r  first  the s imple  case of  con-  
s tant  phys ica l  p roper t i e s  (no  gas phase) .  I f  the 
l iquid dens i ty  is equal  to tha t  of  su r round ing  
rocks,  e rup t ion  occurs  on ly  if  there  is an overpres-  
sure A P  in a gas -sa tu ra ted  chamber .  In  the  par -  
t icular  case of  d o m e - f o r m i n g  erupt ions ,  the  exit  
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d o m e  g r o w t h .  

Vincent in 1971 when a weak event only built a 
dome. 

A final remark: gas emission rates at Mount St. 
Helens decreased with time [52], following the 
variation of eruption rate. This is consistent with a 
decrease of driving pressure contrast (see equation 
8 and section 3.4). 

6. Conclusion 

Our simple model illustrates the influence of 
fumarolic activity on the eruption regime. It im- 
plies a relationship between gas volume fraction 
and eruption rate. A critical variable is the cham- 
ber pressure because variations of a few bars, 
which are very small in comparison to the total 
pressure at depth, induce large changes of erup- 
tion characteristics. Owing to the non-linear char- 
acter of the governing equations, it is necessary to 
study the effects of small parameter  changes. 

The analysis highlights areas for further re- 
search. The walls of volcanic conduits deserve 
specific study, as pioneered by Heiken et al. [32]. 
Further, factors which determine the horizontal 
profile of void fraction should be ascertained and 
assessed with data in fossil eruption conduits and 
dikes. 
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Appendix A - - T h e  pressure gradient for com- 
pressible flow in a permeable medium 

If  the z-coordinate axis is positive upwards, 
Darcy's  law reads: 

K {g rad (p )  - Ogg} (A1) U =  - / - ~  

where U is the volume flux per unit area, K 
permeability and /zg gas viscosity. Pressure varia- 
tions are large compared to the gas weight, and 
hence the second term on the right-hand side can 
be neglected. In steady state, the continuity equa- 
tion reads: 

div(pgU) = 0 (A2) 

Combining (A1) and (A2) yields: 

div [ - K pg  grad( p ) / = 0 (A3 ) [ t~g ) 

As usual in geological problems, it is possible to 
neglect the vertical derivatives of pressure in com- 
parison to the radial derivatives (Op/3r = AP/a 
= 106 and Op/3z = Pig = 2 X 104). Equation (A3) 
then reduces to: 

f KPgr3P ~ lr ~r ~ tXg 3r j = 0  (A4) 

where r is the radial coordinate normal to the 
vertical axis. We next assume that K is constant 
over the horizontal and we neglect the small hori- 
zontal variations of gas viscosity. Integrating (A4), 
we obtain: 

3p 
Ogr-~r = constant (A5a) 

Using the ideal gas law at constant temperature, 
this is written as: 

3p A1 
2p  Orr -- r (A5b) 
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Fig. 8. Vertical velocity as a function of height in the conduit 
for several values of the effective permeability coefficient k, 
for a given initial velocity. Other parameters are as in Fig. 6. 
At low permeability, the effects of gas loss are negligible 
leading to a rapid velocity increase. At high permeability, the 
effects of gas loss are important and velocity varies much less. 
The transition between the gas-poor and gas-rich eruption 

regimes is indicated by a dashed line. 

pressure Pe at z = H is not  equal to the a tmo- 
spheric pressure and  varies according to the height 
of the overlying dome. The mass flux is ob ta ined  

directly from the m o m e n t u m  equat ion  (11): 

•tra 4 A p  -- Pe 
Go* = P 8t t H (18) 

Thus,  as the dome grows and  the exit pressure 
increases (Fig. 9), the mass flux decreases, as 
shown dur ing  the 1979 St. Vincent  erupt ion [9]. 

W h e n  a gas phase is present,  the relat ionship 
between mass flux and  pressure is different be- 
cause the mixture  densi ty  and  viscosity change. 
Dens i ty  decreases, cont r ibu t ing  a buoyancy  term. 
We compare  the mass flux G* calculated in this 
case to the mass flux Go* calculated with the 
cons tan t  proper ty  model  in the same pressure 
condi t ions  with viscosity fixed at the init ial  value. 
Figure  10 shows the dimensionless  mass flux 
G*/Go* as a funct ion  of overpressure A p  for an 
exit pressure Pe equal to one atmosphere.  This 

Pe=Pa + p g e  

Fig. 9. Illustration of pressures in a volcanic system: lava rises 
from a chamber where pressure is higher than the surroundings 
by Ap, to a vent where the exit pressure is given by the weight 

of the overlying lava dome. 

dimensionless  mass flux is less than  1 because of 
the viscosity increase which accompanies  degas- 
sing. It is no t  constant ,  which shows that  e rupt ion  
condi t ions  are more sensitive to pressure than  in 

the cons tant  viscosity case. 

4.4. The time-evolution of eruption conditions 
To bui ld  a model  for the t ime evolut ion of 

e rupt ion  condit ions,  three basic principles apply. 
One  is that the chamber  is overpressured,  as shown 
by swelling of the edifice (for a discussion of how 
this may arise, see [28]). The second pr inciple  is 
that the overpressure decreases because  the cham- 
ber empties. We give in Append ix  B an  analysis  of 
the 1902 Montagne  Pelre e rupt ion  which allows 
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Fig. 10. Relationship between eruption mass flux and chamber 
overpressure. The mass flux is made dimensionless with respect 
to that for the constant property model with the same initial 

viscosity value (10 s Pa s in this example). 



SUMMARY: 
key players for explosive vs effusive eruption regime

-  properties of magma: ���
(i) total amount of dissolved gas���
(ii) viscosity

-  flow dynamics: ���
(i) mass flux / reservoir overpressure���
(ii) evolution of gas phase (exsolution, expansion���

and coalescence of bubbles, gas loss...)
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Modeling of volcanic plumes: 
 

1/ generation of pyroclastic flows 
by the collapse of the volcanic column 



From natural flow to theoretical framework: 
the role of buoyancy 

mass fraction of gas

jet denser���
than atm.

jet less dense���
than atm.
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From natural flow to theoretical framework: 
entrainment and heating of ambient air 

Morton, Turner and Taylor, 1956



From natural flow to theoretical framework: 
conservation equations (1/4) 

z

W
R

ρ
Q = πR2 W ρ �

mass flux:

dQ/dz = �
2πR λW ρa�

λW

ρa



From natural flow to theoretical framework: 
conservation equations (2/4) 

z

W
R

ρW
M = πR2 W ρW �

momentum flux:

dM/dz = �
πR2 (ρa-ρ) g �

Archimedes’ ���
thrust

gravity



From natural flow to theoretical framework: 
conservation equations (3/4) 

z

W
R

ρ
E = πR2 W ρCp(T-Ta) �

flux of energy:

dE/dz = �
2πR λW ρaCpTa�

λW

ρaCpTa



From natural flow to theoretical framework: 
conservation equations (4/4) 

(ρ-ρa)/ρ0 = α (T-Ta) �

F = πR2 W (ρ-ρa)/ρ0 g = πR2 W g’  �
equation of state

(reduced) buoyancy flux

dF/dz = πR2 W g/ρ0 dρa/dz �
�

 dF/dz = πR2 W N2�



Numerical solution of the equations (1/2) 

For a given mass flux: collapse depends on Uexit

Uexit ≈ 2 (n R T)0.5



Numerical solution of the equations (2/2) 

The larger the mass flux, the larger the threshold velocity
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Figure 15. Variation of the critical conditions for 
collapse as the mass fraction of lithics and hence 
temperature (600, 800, and 1000 K) in the erupting 
mixture changes. The magma is assumed to have 5 wt. 
% volatiles. 

16 correspond to the fraction of solid material in equi- 
librium with the gas. 

Transitions in eruption style associated with 
changes in the degree of fragmentation of the grains 
may have an important influence upon the evolution of 
an eruption. If the grains become more coarse grained, 
this will lead to greater thermal disequilibrium and 
eventual column collapse. Woods and Bursik [1991] 
have suggested that such effects may be responsible 
for the transition between eruptions that form sheet- 
like and cone-like deposits. 

Atmospheric Controls 
The rise height of eruption columns is sensitive to 

the prevailing atmospheric conditions and to the alti- 
tude of the volcano. In Figure 17a we present calcu- 
lations of the height of rise of eruption columns in 

25 

buoyont 

collopsed • 

0.0 0.5 1.0 3.0 X10 8 
I I I 

1,5 2.0 2,5 

mass flux (kg/s) 

Figure 16. Variation of the rise height of a buoyant erup- 
tion column as a function of the fraction of the solid grains in 
thermal equilibrium with the air in the column (0.2, 0.4, 0.6, 
and 0.8 wt. %). For very coarse grained eruptions, very little 
of the erupted material is in thermal equilibrium, and the 
material is unable to become buoyant. Instead, collapsing 
fountains develop for all eruption rates. Reprinted from 
Bulletin of Volcanology (A. W. Woods and M. I. Bursik, 
Particle fallout, thermal disequilibrium and volcanic plumes, 
volume 53, pp. 559-570, Figure 16, 1991), copyfight 1991 
Springer-Verlag. 

tropical, midlatitude, and polar latitude atmospheres. 
The more tropical atmosphere has a higher 
tropopause, and therefore for a given eruption rate, 
columns tend to ascend higher in the tropics. We also 
show how the height of the column varies as a function 
of the altitude of the volcano above sea level (Figure 
17b). It is seen that the vent altitude can have an 
important impact upon the total rise height of the 
plume above the vent, since for greater vent altitudes, 
the material in the plume has only to propagate 
through a smaller depth of troposphere before it enters 
the more stably stratified stratosphere. The effect of 
vent altitude is important for interpreting mass erup- 
tion rates in terms of cloud heights. Estimates of erup- 
tion rate may be a factor of 10 too large if the vent 
altitude is not included in the estimate (compare the 
heights above sea level of plumes issuing from vents at 
5-km and 0-km altitude (Figure 17b). 

Water vapor in the atmosphere can also have a 
strong influence upon the dynamics of small eruption 
columns. As an eruption column entrains air and water 
vapor from low in the atmosphere, it carries them to 
higher altitudes where it is cooled, the vapor becomes 
saturated and condenses. On condensation, the vapor 
releases latent heat, which heats the air in the column 
and thereby generates further buoyancy. Woods 
[ 1993a] extended the eruption column model described 
above to include an equation for the rate of entrain- 
ment of ambient water vapor. This was combined with 
a model for the rate of condensation of the vapor as the 
column material ascends, cools, and decompresses. 
The model is based on the assumption that the water in 
the eruption column remains saturated, so that the 
partial pressure of the water vapor equals the satura- 
tion vapor pressure. The large mass fraction of solid 
grains in the eruption column provides condensation 
.... 1•.'-' .• a.l.. ........... _1 .a.'L .... 1 ............. •__ .,tl .... 1 ....... 
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from developing significant supersaturation. Woods 
showed that as the material rises through the atmo- 
sphere, it cools and becomes saturated within a few 
kilometers of the ground (dashed lines in Figure 18). 
Above this height the water vapor content of the col- 
umn decreases as a result of the condensation. The 

buoyant

collapse

Woods, 1995



in the eruption column by correcting the volatile concentration for
the presence of crystals and lithics and assuming that all the
volatiles are exsolved (Tables 1 and 2).

3.2. Predictions of the 2D/3D models

We used the field measurements reported in Tables 1 and 2 to
test the column collapse predictions of the numerical simula-

tions of 2D/3D models (Valentine and Wohletz, 1989; Neri and
Dobran, 1994; Oberhuber et al., 1998; Suzuki et al., 2005). In
their early study, Valentine and Wohletz (1989) proposed a 3D
transitional diagram between the convective and the collapsing
regimes as a function of three dimensionless parameters.
Considering a freely decompressing jet at the same pressure
as the atmosphere, one can extract from their surface defining
the transition (in their Fig. 5) a single curve that we compare
with field measurements (Fig. 2). Neri and Dobran (1994)
and later Suzuki et al. (2005) proposed flow regime maps
obtained by varying independently the exit velocity and the
mass discharge rate for a given amount of gas at the source.
Accounting for the relationship between gas mass fraction and
the exit velocity (using Eq. 4), each of these transition curves
corresponding to a given amount of gas at the source provides a
point in Fig. 2. As illustrated by Fig. 2, this short review shows a
disagreement between the numerical results and the field data.
Only the most recent and accurate model (Suzuki et al., 2005)
gives a consistent result. Suzuki et al. (2005) explained the
variability of numerical results by differences in the parameter-
ization chosen for the modeling of the turbulence (e.g. 2D vs 3D
schemes, grid resolution, closure equations). Progress is being
made in the development of this new generation of numerical
models (Oberhuber et al., 1998; Neri et al., 2002; Suzuki et al.,
2005), but as yet, there are no benchmark-type calculations that
can clearly identify the origin (in the theoretical or in the
numerical treatment of the multiphase flow) of the discrepancy
amongst numerical models' predictions and between numerical
model predictions and field data. On the other hand, top-hat 1D
models provide a relatively simple basis for studying explosive
volcanic jets, particularly for looking systematically at varia-
tions of behavior as a function of a given parameter or as a
function of a specific ingredient added in the formalism. The

Table 2
Initial gas contents (n0) corrected from observed lithics and crystals contents and
total mass discharge rates (M) for phases of collapse of explosive eruptions.
References: 1. Aramaki (1984); 2. Aramaki and Ui (1966); 3. Bursik and Woods
(1996); 4. Dunbar and Hervig (1992); 5. Turbeville and Self (1988); 6. Anderson
et al. (1989); 7.Wilson and Hildreth (2003); 8. Rosi et al. (1996); 9. Signorelli et al.
(1999); 10. Luhr (1990); 11. Sigurdsson et al. (1987); 12. Macias et al. (1998);
13. Westrich et al. (1991); 14. Fierstein and Hildreth (1992); 15. Self and Rampino
(1981); 16. Carey et al. (1996); 17. Mandeville et al. (1996a); 18. Mandeville et al.
(1996b); 19. Legros and Druitt (2000); 20. Rutherford et al. (1985); 21. Carey and
Sigurdsson (1985); 22. Rowley et al. (1981); 23. Borisova et al. (2005);
24. Koyaguchi and Ohno (2001b); 25. Scott et al. (1991); 26. Cottrel et al. (1999);
27.Wilson (1980); 28. Bond and Sparks (1976); 29. Sigurdsson and Carey (1989);
30. Self et al. (1984); 31. Dunbar and Kyle (1993); 32. Walker and Wilson (1983)

Eruption
(deposit)

Runout
(km)

M
(kg/s)

n0
(wt.%)

References

Aira (Ito) 52 1–4 1010 0.9 (1,2)
Bandelier (LBT) 30 2.5–10 109 1.3 (3–5)
Bishop Tuff 40 5–20 109 3.7 (3,6,7)
Campi Flegrei 63 1.2–4.8 1010 0.4 (3,8,9)
El Chichon 6 2–8 108 1.2 (10–12)
Katmai (VTTS) 21 5–20 108 2.3 (3,13,14)
Krakatau (1883) – 1.2–3 109 3.4 (15–19)
Mount St Helens (B3) 8 3.5–14 108 2.3 (3,20–22)
Pinatubo (C1) 13 1.2–1.8 109 2.7 (23–25)
Santorini (Minoan) – 1.2 109 2.5 (26–28)
Tambora (F5/S1) – 5–14 108 1.1 (29,30)
Taupo 80 2–8 1010 3.3 (3,31,32)

Fig. 2. Maximum initial mass flux (in kg/s) feeding a convective column eruption for a range of initial gas content (in wt.%) on an ensemble of well-studied historical
eruptions. Solid circles represent mass fluxes deduced from deposits generated by collapsing fountain whereas open circles correspond to “Plinian” eruptions. Solid,
large dashed and dashed lines gives the theoretical threshold for three values of αe, 0.1, 0.07 and 0.16 respectively. Other symbols and line correspond to prediction of
numerical models: VW89, Valentine and Wohletz (1989); ND94, Neri and Dobran (1994); S05, Suzuki et al. (2005).
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Refined model of turbulent entrainment 

λ = λjet + b R2 g’/W �

Lab-scale experiments used to constrain the model parameters

Kaminski et al., 2005



Experiments 

Collapsing fountains

Buoyant plumes



conditions are very well constrained. For this, we used a key
example: the famous May 18, 1980 eruption of Mount Saint-
Helens which was also carefully observed in real-time and
hence for which durations of eruptive phases, deposit extent and
volumes (Carey et al., 1990), and key magmatic properties
(Rutherford et al., 1985) such as gas content and mixture
temperature, are particularly well known. The buoyant column
feeding the eruption cloud collapsed due to an increase of the
mass flux and produced pyroclastic flows between 12:00 and
17:30 (Rowley et al., 1981). The source conditions of this
eruption are input into the model to predict the critical mass
discharge rate before the column collapses. This eruption was

supersonic as suggested by the velocity determined from field
studies (Carey and Sigurdsson, 1985). The bulk water content of
the eruptive mixture has been taken equal to 2.3 wt.% after
correcting for the measured crystal and lithic contents
(Rutherford et al., 1985; Carey and Sigurdsson, 1985) and the
temperature equal to 1200 K (Rutherford et al., 1985). Analyses
of residual water contents in matrix glass suggest, as we assume,
that all the volatiles were exsolved at fragmentation (Rutherford
et al., 1985). We calculated the mass flux at column collapse
from the pyroclastic flow run-out distance (Bursik and Woods,
1996), estimated at 8 km at Mount Saint-Helens (Rowley et al.,
1981). Our estimations fall between 2.5 and 5 108 kg/s. By way
of comparison, the peak mass discharge rate for the Plinian
phase has been estimated at 1.6 107 kg/s from column height
(Carey et al., 1990). Fig. 5 shows that our model provides a very
satisfactory prediction with source conditions of the 1980
eruption. The Mount Saint-Helens eruption provides thus a very
robust point of anchorage validating our model. The agreement
between the model and such well known field data is in part
dependent on the validity of the assumptions we made on the
eruptive mixture. The accurate knowledge of the source
conditions of this eruption is however unique and further
discussion is required for other eruptions reported in this study.

6. Discussion

We have used a collection of field data on explosive volcanic
eruptions in order to test the previous theoretical and numerical
predictions of column collapse. We showed that the disagree-
ment between the models and the geological evidence is
corrected by accounting for the effect of negative buoyancy that
strongly reduces the turbulent entrainment at the base of the
column. The exact position of the threshold between the
convective and the collapsing regimes in Fig. 4 depends
however on the relationship between the exit velocity and the

Fig. 5. Prediction of maximummass discharge rate (in kg/s) feeding the eruption
column before collapsing as a function of the coefficient of entrainment, αe, for
source conditions of the May, 18, 1980 eruption of Mount Saint-Helens (solid
curve). Dashed line gives the peak mass flux estimated during the Plinian phase,
whereas the grey area correspond to the flux estimated at column collapse. This
flux implies a small entrainment (αe=0.035). The solid circle represents the
critical mass flux calculated with our model of reduction of entrainment due to
negative buoyancy for this eruption.

Fig. 4. Threshold mass discharge rate (in kg/s) between the collapsing and convecting regimes calculated as a function of gas content in the volcanic mixture (in wt.%) on
an ensemble of well-studied historical eruptions. The symbols are the same than in Fig. 2. Solid line gives the theoretical threshold for our new model with variable αe.
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Modeling of volcanic plumes: 
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3D numerical models 
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Scaing analysis 

Key parameters:�

a=1/4 ; b=-3/4�

source = F0 (m4 s-3) �
atmosphere = N (s-1) �

�

H (m) ∝ F0
a Nb�



Test of scaling law 
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Volcanic plume: effect of wind 
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Figure 1 
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Figure 1. Review of source Richardson number (Ri0) and wind velocity
ratio (W⋆) for natural volcanic plumes and experimental works published
in relation with buoyant jets in a crossflow. The values of Ri0 for natural
data correspond to those of the buoyant region of volcanic plumes.

drives the plume to a level of neutral
buoyancy (LNB), which it overshoots
to a maximum height. The jet then
collapses back to the LNB as a fountain
and spreads out laterally under the
influence of the crossflow to form
an umbrella cloud. The spreading
umbrella reaches a stagnation point
upwind where the radial expansion
velocity is equal to the wind speed.
This behavior is shown in Figure 2a
(experiment 25) and is a laboratory
analog of a strong Plinian plume
[Bonadonna and Phillips, 2003].

For high wind velocities and relatively
low flow rates, the jet mixes more
efficiently than in the strong plume
case by ingesting significant quantities
of ambient salt water through the

action of wind (Movie S1 in the supporting information). The centerline of the jet bends over in the wind
field, and the jet starts spreading subhorizontally around the LNB. This behavior is shown in Figure 2c
(experiment 24) and is a laboratory analog of a weak plume [Bursik, 2001].

Figure 2. Photographs of the experiments illustrating the effects on the plume rise of increasing the wind velocity ratio:
(a) W⋆ = 0.076; (b) W⋆ = 0.171; (c) W⋆ = 0.402; increasing the source Richardson number: (d) Ri0 = 8.4 × 10−4;
(e) Ri0 = 3.5 × 10−3; (f ) Ri0 = 2.9 × 10−2; and increasing the strength of the stratification: (g) N = 0.3 s−1; (h) N = 0.5 s−1;
(i) N = 0.7 s−1. All the scale bars are 5 cm long. Numbers correspond to the experiment numbers reported in Table S1 in
the supporting information. Arrows indicate the stagnation point reached by strong plumes.
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Volcanic plume: comparison model/data 
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